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ABSTRACT

The variation in the depth and width of the median valley along the Mid-Atlantic
Ridge (MAR) suggests that the formation of ocean crust at slow spreading centers is not a
simple two-dimensional process in which crustal accretion occurs uniformly both along the
ridge axis and with time. Rather, it has been proposed that the ridge axis can be divided
into 2 number of distinct segments or spreading cells. This thesis investigates the
segmentation model by studying the variability in the structure and tectonics within
spreading cells at 23°N and 26°N along the MAR. The results support the segmentation
model in which accretion varies along the ridge, evolving as independent spreading cells or
segments, with different portions of the ridge system being in different stages of volcanic
and tectonic evolution,

Chapter 2 presents an overview of morphologic and tectonic variations along a 100-
km-length of the MAR south of the Kane Fracture Zone (MARK area). Sea MARC I side
scan sonar data and multi-beam Sea Beam bathymetry are used to document the distribution
of crustal magmatism and extensional tectonism near 23°N. The data indicate a complex
median valley composed by two distinct en echelon spreading cells which overlap in a
discordant zone that lacks a well-developed rift valley or neovolcanic zone. The northern
cell, immediately south of the fracture zone, is dominated by a large constructional volcanic
ridge and is associated with active high-temperature hydrothermal activity. In contrast, the
southern cell is characterized by a NNE-trending band of small fissured and faulted
volcanos that are built upon relatively old, fissured and sediment-covered lavas; this cell is
inferred to be in a predominantly extensional phase with only small, isolated volcanic
eruptions. Despite the complexity of the MARK area, volcanic and tectonic activity appears
to be confined to the 10-17 km wide inner rift valley. Small-offset normal faulting along
near-vertical planes begins within a few kilometers of the ridge axis and appears to be
largely completed by the time the crust moves out of the median valley. Mass-wasting and
gullying of scarp faces, and sedimentation which buries low-relief seafloor features, are the
major geological processes occurring outside the rift valley.



In Chapters 3 and 4, the microearthquake characteristics and P wave velocity
structure beneath the median valley of the Mid-Atlantic Ridge near 26°N are studied; this
ridge segment is characterized by a large high-temperature hydrothermal field situated
within the inner floor at the along-axis high. Chapter 3 explores the tectonic variations
within the crust as evidenced from the distribution and source mechanisms of
microearthquakes observed by a network of seven ocean bottom hydrophones and two
ocean bottom seismometers over a three week period in 1985. Hypocenters were
determined for 189 earthquakes, with good resolution of focal depth obtained for 105
events. Almost all events occurred at depths between 3 and 7 km beneath the seafloor,
with earthquakes occurring at shallower depths beneath the along-axis high (< 4 km). The
distribution of hypocenters and the diversity of faulting associated with earthquakes
beneath the inner floor and walls suggests a spatially variable tectonic state for the ridge
segment at 26°N. These variations are presumably a signature of lateral heterogeneity in the
depth region over which brittle failure occurs, and are a consequence of along-axis changes
in the thermal structure and state of stress.

We suggest that at present the hydrothermal activity and deposition of massive
sulfides is being sustained by heat generated by a recent magmatic intrusion. A
consequence of this scenario is that thermal stresses play a dominant role in controlling the
distribution of earthquakes and nature of faulting. Such a hypothesis is consistent with an
apparent lack of seismicity beneath the hydrothermal field, the location of hypocenters
around the low velocity zone (Chapter 4), attenuation of P wave energy to instruments atop
the high (Chapter 4), the higher b-values associated with the along-axis high region, and
the occurrence of high-angle (or very low angle) normal faulting and reverse faulting, as
well as the variability in nodal plane orientations, associated with inner floor events beneath
the along-axis high and the volcano.

In Chapter 4, we report results from the explosive refraction line and from the
tomographic inversion of P wave travel time residuals for seismic velocity structure in the
vicinity of the hydrothermal field. The two-dimensional along-axis P wave structure
beneath the inner floor indicates that young oceanic crust cannot be adequately characterized
by a simple, laterally homogeneous velocity structure, but that one-dimensional structures
are at least locally valid (at 5-10 km length scales). The shallowmost crust (upper 1-2 km)
beneath an axial volcano and the along-axis high is characterized by significantly higher
velocities (by more than 1 km/s) than are associated with the upper crust in the deepest
portions of the median valley. The variation is inferred to be a consequence of more recent
magmatic and volcanic activity in the along-axis high region, as compared with the along-
axis deep where tectonic fissuring has created a highly porous crust characterized by lower
seafloor velocities. The crust beneath the along-axis deep appears to be typical of normal
young oceanic crust, with a mantle velocity of 8.25 km/s observed at 5 km depth.

A low velocity zone centered beneath the along-axis high and extending under an
axial volcano is imaged from 3 to 5 km depth (7.2 kim/s to 6.0 kmy/s); the velocity decrease
is required to satisfy the travel time residual data and to explain the severe attenuation in
compressional wave energy to instruments atop the along-axis high. The presence of an
active high-temperature hydrothermatl field atop the along-axis high, together with the
observations of lower P wave velocities, the absence of microearthquake activity greater
than 4 km in depth, and the propagation of S waves through the crust beneath the volcano
and along-axis high (Chapter 3), suggest that the volume corresponds to a region of hot



rock with no seismically-resolvable pockets of partial melt. The shallow velocity gradients
describing the low velocity volume (< (.6 s°1) appear to be a common characteristic of
inferred zones of magmatic intrusion on the MAR. Comparison of the depth to the velocity
inversion with the depths determined in other seismic studies at locally high regions along
the MAR, the Juan de Fuca Ridge, and the East Pacific Rise reveals a correlation between
lid thickness and spreading rate, suggesting that the amount of magma available at each
location is spatially variable, or that the differences in lid thickness are describing the
temporal evolution of magmatic intrusions beneath mid-ocean ridges.

In Chapter 5, the first direct measurement of upper mantle P- and S-wave delay
times beneath an oceanic spreading center is presented. Two independent estimates of the
epicenters and origin times are made for each of two earthquakes in a 1985 earthquake
swarm near 25°50'N on the Mid-Atlantic Ridge using local and teleseismic arrival time
data. Comparison indicates a 14-20 km northward bias in the epicenters teleseismically
located using a Herrin [1968] Earth model. The bias is due to departures of the actual
velocity structure from that implicit in the travel time tables used for the locations,
combined with unbalanced station distribution. The comparison of origin times for the
best-located event, after correction for the epicentral bias and for an oceanic crustal
thickness, shows there to be only slightly lower velocities than a Herrin [1968] upper
mantle; the P-wave delay is +0.3 £ 0.9 s (+0.2 £ 0.9 s and -2.4 = 0.9 s relative to the
isotropic Preliminary Earth Reference Model (PREM) and the Jeffreys-Bullen [1940] (JB)
travel time tables, respectively). The lack of a resolvable P-wave delay suggests that the
Herrin [1968] model is a good approximation to the average upper mantle velocity beneath
this segment of the MAR.

Measurement of the S-wave delay for the same MAR swarm event shows there to
be a positive delay (+3.1 £ 2.0 s), or larger travel times and slower velocities compared to
the JB S-wave tables (+3.9 & 2.0 s relative to the isotropic PREM S-wave model). In
contrast to the larger P-wave delays found in other MAR studies, the lack of a significant
seismic anomaly near 26°N indicates that sizeable regions of low velocity material do not
presently exist in the upper few hundred kilometers of mantle beneath this section of the
ridge. This evidence argues for substantial along-axis variations in the active upwelling of
mantle material along the slowly-spreading Mid-Adantic Ridge. In order to explain the
observation of a smaller than expected P wave delay in a region where the S delay suggests
significant temperature anomalies (low velocities), we propose a model for mantle
upwelling in which the decrease in travel time is due to an anisotropic P wave structure
(fast direction vertical); the anisotropy results from the reorientation of olivine crystals
parallel to the ascending flow and balances the travel time delay due to a region of low
velocities.

Thesis Co-Supervisors:  Dr. G. Michael Purdy
Senior Scientist, WHOI

Dr. Sean C. Solomon
Professor of Geophysics, MIT






7

ACKNOWLEDGEMENTS

This thesis is dedicated to my parents whose unwithering patience and support I
have treasured over the last decade spent pursuing an education not only of scholarly
knowledge but also of experience in the gamut of life. And now as I compose these
words, reminiscing about the eastern side of the world as I sit far to the west in a land of
foreign culture and tongue, I hope that they will understand yet another of my sojourns to a
faraway destination.

To Mike and Sean, quite a twosome, my heartfelt appreciation and thanks for
silently enduring those extended homeleaves in Hawaii and for your advice and support
especially through the last six months of this thesis and as March 31st neared. Your
scientific intuition, intellect, and professionalism (and I don't mean your tie, Mike...) are
without equals.

I would like to acknowledge the many people who have devoted more than a
passing interest in my Ph. D. endeavors. Don Forsyih gave me the opportunity to work on
OBS microearthquake data way back when, and Clyde Nishimura was always good for
words of brotherly wisdom (and friendly sarcasm). Neil Frazer arranged for that fateful
first cruise, and Tom Brocher and John Mutter gave me my first introduction to the
scientific process. Special acclaims go to Joe Cann and Hans Schouten for the many
inspiring (and random) discussions on mid-ccean ridges, and to Henry Dick and Niall
Slowey for many diversionary hours of procrastination. I can't thank enough the efforts,
both large and small, tedicus, simple, or uninterpretable, of David DuBois (I'll take care of
whatever whenever) and Lee Gove (Obladi, Oblada, life goes on...) of the WHOI
seismology group, and Warren Sass (the night owl) and Chan Hilliard (yes, your slides
will be ready this afternioon) of IPC. Along the way, Donna Blackman, Barbara Braatz,
John Coliins, Marty and Robin Dougherty, Cindy Ebinger, Karen Fischer, Tanya Furman,
Sarah Little, Barbara Marsh, Peter Meyer, Mark Murray, Margaret and Jacek Sulanowska,
Doug Toomey, Will Wilcock, Beecher and Chris Wooding, and Carolyn Zehnder made the
long hours and frustrations of graduate school palatable. My kudos go to Faith
Hampshire, Marie Senat, and Katherine Ware for taking care of the details in those last
hectic months. The night guards at Clark provided cheerful anecdotes and opened many a
locked door in the wee hours of the night, To the staff and students at Woods Hole and
MIT; it has been a wonderful experience, one of much pleasure (and some agony) and one
that I will not ever forget.

Without Jake Pierson, IMary Athanis, and Abbie Jackson of the Education Office to
fund many an AGU trip to San Francisco and to Lamont, and without their unrelenting
willingness to guide me throngh that maze of dissertation etiquette, I would never have
reached the time for writing this prose. Many thanks to the other members of my thesis
committee, Biil Bryan, Jason Phipps-Morgan, Debbie Smith, and Dick Von Herzen, for
their encouragement and advice.

My gratitude is extended to all the non-science persons who would not let me forget
that a big, wide world existed outside of WHOI and MIT. To the few of you from
Punahou, who I manage to wiite to once a year and yet can bridge those lapses of time with
only a moments thought, I savor the true friendships which will embrace us for the rest of
our lives. To the women atheletes at Brown, who brought to me a network of comraderie



and adventure, and where time passed by all too quickly amid laughter and drink, Ihope
that we can continue to cherish the ways, and means, by which we were first united.

And finally, to Kevin, we have helped in the labors of many and rejoiced in the
fortunes of few, but always I shall remember the quiet pleasures we shared. My words
could not ever express the emotional and physical strength you have nurtured in me over
the last year. Although the yearning for a place where the tradewinds purr softly amidst the
lap of a gentle surf, and island guitars sing mellow under the amber glow of the setting
sun, is steadfast in our hearts, I know that, wherever we may be, the love which became a
part of our lives as we strove toward common goals will only grow stronger with the years
t0 come.

This thesis was funded in part by grants EAR-8407798, EAR-8407745, and EAR-
8817173 from the National Science Foundation.



TABLE OF CONTENTS

ABSTRACT

ACKNOWLEDGEMENTS

CHAPTER 1.
INTRODUCTION

References

CHAPTER 2.
THE MORPHOLOGY AND TECTONICS OF THE MARK AREA FROM SEA
BEAM AND SEA MARC I OBSERVATIONS (MID-ATLANTIC RIDGE 23°N)
Introduction
Regional Setting and Related Work
Data Collection
Morphology of the Ridge Axis from Sea Beam
Outer Rift Valley / Rift Mountains
Rift Valley
Fine Scale Structural Relationships within the Rift Valley
Sea MARC I Data: Acoustic Textures
Across-axis Rift Valley Structure
Along-axis Rift Valley Structure

Northern Spreading Cell
Southern Spreading Cell
Discordant Zone
Discussion
Conclusions
References
CHAPTER 3.

MICROEARTHQUAKES BENEATH THE MEDIAN VALLEY OF THE
MID-ATLANTIC RIDGE NEAR THE TAG HYDROTHERMAL FIELD, 26°N

Introduction
Background - The Mid-Atlantic Ridge at 26°N
Seismic Network - Experiment Description

13
15

19
20
21
22
27
28
29
29
30
34
34

45
47
50
50

53

53
335
57



10

Instrument Relocation 58
Hypocentral Location 60
Arrival Time Data 61
One-dimensional Crustal Velocity Structure 63
Starting Trial Parameters 64
Solution Quality 65
Dependence on S Wave Time, Vp/Vs Ratio, and 1D Velocity Model 66
Epicentral and Focal Depth Distribution 67
Inner Floor Seismicity 68
Eastern and Western Wall Seismicity 69
Earthquake Location by RMS Grid Search 70
Effect of Crustal Heterogeneity on Hypocenters 72
Focal Mechanisms 75
Effect of Crustal Heterogeneity on Focal Mechanisms 77
Earthquake Source Parameters 79
Discusssion | 83
Fault Geometry 83
Along-strike Variation in Focal Depth 85
Hydrothermal Circulation at the Along-axis High 87
The 26°N Spreading Cell 89
Conclusions 90
References 64
Figure Captions 102
Tables 114
Figures 127
CHAPTER 4.
TWO-DIMENSIONAL VELOCITY STRUCTURE ALONG THE
MID-ATLANTIC RIDGE NEAR THE TAG HYDROTHERMAL FIELD, 26°N 175
Introduction 175
Experiment location 177
Data Reduction 17
Refraction Line Analysis 179
Southern Limb of Refraction Line 180
Amplitude Modelling - Median Valley South of Along-Axis High 182

Summary of Refraction Analysis 185



11

Tomographic Inversion for P Wave Velocity Structure 185

Input Parameters 187
Average 2D Median Valley Structure 190
Tests of Robustness 191
Effect of Earthquake Mislocation on Model Estimate 195
Minimization of 3D Effects - Inner Floor 2D Model 198
Summary of Tomographic Inversions for 2D Structure 201
Discussion 202
Variability of Seismic Layer 2 - Seafloor Velocities 202
Variability in Depth to Layer 3 205
Low Velocity Zone 206
Along-axis Structural Variations in Crustal Accretion 209
Conclusions 210
Appendix. Seismic Tomography Method and Theory 212
Hypocentral Partial Derivatives 212
Estimation of Velocity Perturbations 214
Evaluation of Solution Quality : 219
References ‘ 221
Figure Captions 228
Tables 240
Figures 246
CHAPTER 5.
UPPER MANTLE P AND S WAVE DELAYS BENEATH THE
MID-ATLANTIC RIDGE NEAR 26°N 293
Introduction 293
July 1985 Earthquake Swarm 295
Local Data and Hypocentral Determination 295
Local Velocity Model 296
Initial Hypocentral Parameters 297
Hypocentral Uncertainties 298
Teleseismic Data and Hypocentral Determination 298
Comparison of Hypocentral Estimates 301
P Wave Delay 302
S Wave Delay 304

Discussion 305



12

Comparison with Other Studies
Along-axis Variation in Upper Mantle Velocities?
Anisotropic Mantle Upwelling Beneath Mid-Ocean Ridges?
Summary and Conclusions
References
Figure Captions
Tables
Figures

CHAPTER 6.
CONCLUSIONS

References

305
307
309
311
312
317
322
324

339
341



13

CHAPTER 1. INTRODUCTION

As increasing amounts of geophysical and geological data are collected, it is
becoming apparent that magmatism at mid-ocean ridges is not a simple two-dimensional
process in which oceanic crust is accreted continously both along the ridge axis and with
time. Along the slow-spreading Mid-Atlantic Ridge (MAR), high resolution bathymetric
studies indicate wide variations in the depth and width of the median valley. This
topographic variability suggests that different portions of the ridge system are in different
stages of volcanic and tectonic evolution. A model in which the MAR is divided into
distinct segments or spreading cells, each less than 100 km in length along axis and each
characterized by different proportions of active magmatism and tectonism over distances of
less than 100 km, now appears to describe more appropriately the accretionary process
le.g., Francheteau and Ballard, 1983; Schouten et al., 1985; Langmuir et al., 1986;
Macdonald, 1986; Kong et al., 1988; Sempere et al., 1989].

According to this segmentation model, each cell is bounded at its distal ends by an
along-axis depth maximum and is approximately centered on an intervening along-axis
depth minimum. Within a given segment, the model predicts that the region of most
vigorous volcanism and hydrothermal activity, and thus elevated temperatures, should be
situated at the along-axis high, and that away from this zone the crust should be
significantly cooler and more tectonically disrupted by fissuring and faulting, and
volcanism less energetic. In this thesis, I investigate the tectonic and structural variability
over tens of kilometers within spreading cells at two locales, 23°N and 26°N, along the
Mid-Adantic Ridge. ‘

Chapter 2 presents an overview of morphologic and tectonic variations along a 100-
km-length of the MAR south of the Kane Fracture Zone. Sea MARC I (SMI) side scan
sonar data and multi-beam Sea Beam bathymetry collected in 1984 and 1985 as part of the
site survey for Ocean Drilling Program Legs 106 and 109 are used to document the
distribution of crustal magmatism and extensional tectonism. The focus of the chapter is on
the description and interpretation of the SMI data and integration with the Sea Beam
observations. The study documents a complex median valley morphology consisting of
two distinct en echelon spreading cells, each displaying different types and amounts of
volcanism and tectonic fissuring. The two cells are separated by a discordant zone which
lacks a well-developed rift valley or neovolcanic zone.

In Chapters 3 and 4, I investigate the seismic velocity and earthquake characteristics
beneath the median valley of the Mid-Atlantic Ridge near 26°N, where a large active high- |
temperature hydrothermal field has been mapped. Chapter 3 explores the tectonic
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variations within the crust as evidenced from the distribution and source mechanisms of
microearthquakes observed by a network of seven ocean bottom hydrophones and two
ocean bottom seismometers over a three week period in 1985. Hypocenters were
determined for 189 earthquakes, with good resolution of focal depth obtained for 105
events. Almost all events occurred at depths between 3 and 7 km beneath the seafloor.
The lack of seismic activity near the hydrothermal field, the diversity of faulting geometries
indicated by first motions, and higher b-values associated with the along-axis high region
are consistent with the hypothesis that thermal stresses play an important role in
determining where and how microearthquakes occur beneath the inner floor of this region.
When integrated with the two-dimensional velocity structure determined in Chapter 4, I am
able to document systematic along-axis variations in both the seismic structure and
microearthquake characteristics; the observations indicate that the most recent magmatic
activity within the 26°N spreading cell occurred in the region of the along-axis high.

Chapter 4 documents the seismic evidence for along-axis structural heterogeneity
beneath the median valley. This evidence includes the travel time and amplitude patterns
from a refraction line collected in 1985 and the tomographic inversion of P wave travel time
residuals from shots and earthguakes for two-dimensional stucture along the ridge axis.
The dependence of the tomographic solution on the model parameterization and
source/receiver configuration, and on the assumptions imposed in the analysis, is
evaluated. The two-dimensional structure includes higher velocities within the
shallowmost crust in the region of the along-axis high and a low velocity zone at depths
greater than 3 km beneath an axial volcano and the along-axis high.

In Chapter 5, average upper mantle P and S delays beneath the MAR are _
determined. The simultaneous characterization of an earthquake swarm near 25°50'N by
local and global seismic networks offered the opportunity to measure directly the travel time
delays beneath the ridge from the comparison of two independently-estimated origin times
for the best-located large earthquake. The comparison of origin times, after correction of
the global time for the epicentral bias and for an oceanic crustal thickness, shows there to
be only slightly lower velocities than the Herrin [1968] upper mantle P wave model, and
larger S wave travel times than the Jeffreys-Bullen [1940] S wave model. The small P
delay, when compared with that which would be predicted from the S delay, may be
evidence for compressional wave anisotropy (fast velocity direction vertical); the anisotropy
is proposed to result from the realignment of crystals in a direction parallel to the vertically-
ascending mantle beneath the ridge axis. Comparison with other travel time residual
studies reveals a long-wavelength (= 1000 km) variation, with a minimum at 26°N, in the P
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and § wave delays along the ridge, suggesting that active mantle upwelling may vary
spatially and/or temporally along strike.

Finally, in Chapter 6 important observations and ideas from the previous chapters
are brought together and the segmentation model for a slow spreading mid-ocean ridge
environment is discussed. The documentation of the locations of recent crustal magmatism
and tectonism at two locales on the MAR supports the prediction of the segmentation model
that locally shallow regions along the ridge axis represent the most likely locales at which to
find elevated crustal temperatures.

The multi-authored paper constituting Chapter 2 acknowledges the many scientists
who participated in the collection of the Sea Beam and Sea MARC I data. Since the focus
of the paper is on the description and interpretation of the sonar data (which represents my
contribution), the paper was written primarily by me; sections directly applying to the Sea
Beam data were contributed by R. S. Detrick and P. J. Fox. This chapter was published in
Marine Geophysical Researches in 1988. Work in Chapter 5 was done in collaboration
with E. A. Bergman of the Massachusetts Institute of Technology, who provided the
estimate of origin time and the P and SH waveform inversion sclution for the source
centroid used to estimate the teleseismic S wave arrival time.
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Abstract. High-resolution Seca Beam bathymietry and Sea MARC
I side scan sonar data have been obtained in the MARK area, a
100-km-long portion ef the Mid-Atlantic Ridge rift valley south of
the Kane Fracture Zone. These data reveal a surprisingly complex
rift valley structure that is composed of two distinct spreading
cells which overlap to create a small, zero-offset transform or
discordant zone. The northern spreading ceil consists of a mag-
matically robust, active ridge segment 40-50 km in length that
extends from the eastern Kane ridge-transform intersection south
to about 23°12° N, The rift valley in this arca is dominated by a
large constructional volcanic ridge that creates 200-500 m of relief
and -is associated with high-temperature hydrothermal activity.
The southern spreading cell is characterized by a NNE-trending
band of small (50-200 m high), conical volcanos that are built
upon relatively old, fissured and sediment-covered lavas, and
which in some cases are themselves fissured and faulted. This cell
appears to be in a predominanily exiensional phase with only
small, isolated eruptions. These two spreading cells overlap in an
anomalous zone between 23°05'N and 23°17'N that lacks a
weli-developed rift valley or neovolcanic zone, and may represent
a slow-spreading ridge analogue to the overlapping spreading
centers found at the East Pacitic Rise. Despite the complexity of
the MARK area, volcanic and tectonic activity appears to be
confined to the 10-17km wide rift valley floor. Block faulting
along near-vertical, small-offset normal faults, accompanied by
minor amounts of back-tilting (generally less than 5°), begins
within a few km of the ridge axis and is largely completed by the
time the crust is transported up into the rift valley walls. Features
that appear to be constructional volcanic ridges formed in the

Marine Geophysical Researches 10: 59-90, 1988.
© 1988 Kluwer Academic Publishers. Printed in the Netherlands.

median valley are preserved largely intact in the rift mountains.
Mass-wasting and gullying of scarp faces, and sedimentation
which buries low-relief seafloor features, are the major geological
processes occurring outside of the rift valley. The morphological
and structural heterogeneity within the MARK rift valley and in
the flanking rift mountains documented in this study are largely
the product of two spreading cells that evolve independently to the
interplay between extensional tectonism and episodic variations in
magma produclion rates.

1. Introduction

The Mid-Atlantic Ridge {(MAR) rift valley south of
the Kane Fracture Zone known as the MARK (Mid-
Atlantic Ridge at Kane) arca, was recently the site of
a major crustal drilling effort by the Ocean Drilling
Program (ODP) on Legs 106 and 109 (Detrick,
Honnorez, Bryan, Juteau et ai., 1988). In preparation
for the drilling in this area, a joint United States/
Canadian research team, including investigators
from the University of Rhode Island, Lamont-
Doherty Geological Observatory, Dalhousie Univer-
sity, and Woods Hole Oceanographic Institution,
carried out a predrilling site survey using two state-
of-the-art seafloor mapping instruments: Sea Beam,
a high-resolution, multibeam echo sounder, and Sea
MARC 1, a mid-range, deeply-towed, side-scan
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sonar (Detrick ef al., 1984; Mayer er al., 1985). The
combination of thesc two complimentary tools,
focussed on a ~100-km-iong segment of the Mid-
Atlantic Ridge, provide a truly exceptional data set
with which to study the morphology and tectonics of
a ridge-transform-ridge system along a slowly accret-
ing plate boundary.

In this paper we describe the Sea Beam and Sea
MARC I results from the median valley. Companion
papers present results from the Kane Tarnsform
(Pockalny et al, 1988), the Kane Fracture Zone
transverse ridge (Abrams ef al., 1988), and an analy-
sis of magnetic data across the rift valley (Schulz ef
al., 1988). These studies, together with the drilling
results and a subsequent submersible investigation
(Karson et al., 1987; Brown and Karson, 1988),
document significant along-axis changes in median
valley morphology, volcanic activity, tectonic exten-
sion and crustal structure in the MARK area.

2. Regional Setting and Related Work

The Mid-Atlantic Ridge in the MARK area has been
the site of numerous marine geological and geophys-
ical investigations dating back to the late 1960s (van
Andel and Bowin, 1968; Miyashiro er al., 1969
Purdy er al., 1978; Bryan er al., 1981; Karson and
Dick, 1983; Toomey et ai., 1985; Purdy and Detrick,
1986). Regional bathymetric maps compiled from
conventional, wide-beam echo sounding profiles
show the Kane Transform offsets the MAR rift
valley about 150km in a left-lateral sense near
23°30' N (Fox et al., 1969; Fox, 1972; Rabinowitz et
al., 1977; Purdy et al., 1979). The transform is associ-
ated with a broad zone of disturbed topography,
15-20 km in width, that trends about 100°, nearly
orthogonal to the adjacent MAR rift valley (Pock-
alny et al., 1988). On a regional scale, the rift valley
south of the Kane Transform is a broad, linear ridge
segment with no major transform offsets for a dis-
tance of at least 100 km (Purdy et al., 1978; Cormier
et al., 1984). The median valley is shallowest 70—
80 km south of the Kane Transform and broadens
and deepens northward into a large nodal basin at
the ridge-transform intersection.

Despite the along-strike continuity of the MARK
rift valley on a regional scale, interpretations of
surface magnetic data indicate this portion of the

Mid-Atlantic Ridge has been composed of two mis-
aligned spreading cells that have created an offset in
the magnetic anomaly pattern near 23°15' N, 40—
50 km south of the Kane Transform (Schouten et al.,
1985; Schulz et al., 1988). This present-day segmen-
tation of spreading in the MARK area has evolved
over the last few million years from an earlier ridge-
transform-ridge geometry through a series of small
(~ 10 km), eastward ridge jumps. These small ridge
jumps, which were probably caused by a relocation
of the neovolcanic zone within the median valley,
have resulted in an overall pattern of asymmetric
spreading with faster rates to the west (14 mm yr—')
than to east (1! mmyr—!) over the past 3 Ma
{Schulz ez al., 1988).

The crustal structure of the median valley in the
MARK area has been determined from a single
130-km-long explosive seismic refraction line shot
along the rift valley from just south of the Kane
Transform to about 22°30' N (Purdy and Detrick,
1986). These data yield a well-constrained two-
dimensional model for the seismic structure of the
median valley including: (1) the existence of seismi-
cally mature oceanic crust beneath much of the rift
valley (22°30° N-23°15" N) characterized by a well-
defined Moho transition zome, ~Bkms~! upper
mantle velocities and a total crustal thickness of
6~7 km; (2) anomalously low seismic velocities in the
lower crust centered beneath the median valley topo-
graphic high between 23°15" N and 23°30° N that are
attributed to the most recent phase of magmatism;
and (3) a major seismic discontinuity near 23°15' N
separating the relatively normal crustal structure
present to the south from a 30-km-long zone of
relatively thin (34 km) crust with no distinct layer-
ing which abuts the Kane Transform to the north,
No seismic evidence was found for a crustal magma
chamber along this refraction line and, in general,
the results from this experiment indicate that the
crust within the central and southern parts of the
MARK rift valley has cooled sufficiently since its last
major magmatic episode to have taken on most of
the seismic characteristics of ‘normal’ oceanic crust.
These results are consistent with microearthquake
foci and source mechanism in the southern part of
the MARK area (22°45’ N) which indicate that the
rift valley is presently undergoing active extension
with brittle failure occurring to depths of at least
7-8 km (Toomey et al., 1985; 1988).
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The magnetic and seismic data described above
provide the regional tectonic and structural frame-
work on which we base our inlerpretation of the Sea
RBeam and Sea MARC I data. QOur interpretation is
also aided by very detailed, submersible-based geo-
logical mapping and sampling at the eastern ridge-
transform intersection (Karson and Dick, 1983), and
along four east-west transects across the rift valley
located 30, 40, 60 and 80 km south of the Kane
Transform (Karson et al., 1987; Brown and Karson,
1988). Additional ‘ground-truthing’ of our results
comes from the camera surveys and drlling at ODP
sites 648, 649 and 670 in the median valley (Detrick,
Honnorez, Bryan, Juteau et al., 1988). The sub-
mersible studies and drilling results have docu-
mented, on a local scale, the structural and tectonic
heterogeneity of the MARK area. The Sea Beam and

Sea MARC I data presented in this paper provide a
set of intermediate scale (10~2 to 10? km) observa-
tions that help relate these observations to the time-
integrated magmatic and tectonic evolution of
accretionary processes in the MARK area.

3. Data Collection

The Sea Beam, Sea MARC I and bottom photo-
graphic data discussed in this paper were collected
on two cruises: the Seca Beam data on R/V Conrad
Leg 25-11 in September of 1984, and the Sea MARC
I and camera data on the CSS Hudson Leg 85-010 in
May of 1985.

Sea Beam was used to map an area of nearly
20000 km? including the entire Kane Transform,
both ridge-tra:}sfonn intersections (RTI), and a
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Fig. 1. Simplified tectonic map of the MARK area showing the Kane Transform (thick solid line), the Mid-Atlantic Ridge (MAR) rift
valley (double line), and the aseismic extension of the Kane Fracture Zone east and west of the ridge crest (dashed line). Superimposed on
this map is the track coverage obtained during the 1984 Sea Beam survey. The dotted line shows the location of the map in Figure 2.
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100-km-long section of the MAR rift valley south of
the Kane Transform (Figure 1). Sea Beam is a
hull-mounted, multi-narrow beam 12kHz echo
sounder consisting of 16 beams (2.66° x 2.66°) which
insonify a swath of seafloor with a width equal to
approximately 75% of the water depth (Renard and
Allenou, 1979, de Moustier and Kleinrock, 1986).
The system has a nominal vertical resolution of
1-5 m, but in the rough topography associated with
the Mid-Atlantic Ridge the vertical resolution de-
creases to 10-20 m. Lateral resolution depends on
the water depth, but is about 100-200m at the
Mid-Atlantic Ridge. ‘

Sea Beam line spacing was typically 3-4 km with a
separation of about one swath width. Lines were run
both parallel and perpendicular to the regional topo-
graphic trends in order to provide cross-track refer-
ences. Navigation was by a combination of Global
Positioning System (GPS) satellites, transit satellites
and dead reckoning. GPS was typically available
only 8-9 hours each day so the GPS-navigated lines
were carefully laid out to ‘tie-in’ lines collected dur-
ing non-GPS intervals. Post-cruise processing in-
volved determining the final ship navigation by
constraining the transit satellite-navigated swaths to
fit with the GPS-navigated swaths where they inter-
sected or overlapped. A color bathymetry map of the
MARK area including the rift valley and its eastern
intersection with the Kane Transform is shown in
Figure 2. The Sea Beam data have also been inter-
polated onto an equally spaced 250-m grid using a
biharmonic cubic spline technique in order to pro-
duce the three-dimensional perspective view of the
rift valley shown in Figure 3.

Using the Sea Beam data as a basemap, CSS
Hudson returned to the MARK area with the Sea
MARC [ side-scan vehicle in order to obtain higher
resolution images of the scafloor and select sites
suitable for ‘barerock’ drilling. Sea MARC 1, devel-
oped by International Submarine Technology Ltd.
and Lamont-Doherty Geological Observatory, is a
deeply-towed vehicle consisting primarily of a bilat-
eral 27/30kHz side-looking sonar, a 4.5 kHz sub-
bottom profiler and associated vehicle attitude and
depth sensors (Chayes, 1983; Kosalos and Chayes,
1983). It is typically towed at speeds of 1.5-2.0 knots
at an altitude of 200-300 m above the bottom, in-
sonifying a swath approximately 5 km in width (on a
processed image).

Highly reflective surfaces (e.g., fresh basalts, fault
scarps) appear as dark grey to black sonar images;
more subdued, smoother terrain (e.g., sediment{ cov-
ered areas) appear as lighter greys; and acoustic
shadows are white. A 250 m wide swath directly
beneath the vehicle is not insonified and thus always
appears white on the sonar image. The sonar system
can typically resolve wvertical features 34 m in
height; lateral resolution is more variable, being
strongly dependent on the local relief, but can be
taken to be on the order of tens of meters. The
vertical and lateral resolution of the subbottom
profiles in rough topography are estimated to be a
few meters and a few tens of meters, respectively.

On Hudson 85-010, approximately 350 km of 5 km
swath Sea MARC I data were obtained in the median
valley from about 22°44° N northward to the eastern
Kane RTI (Figure 4). The data were collected in three
ridge-parallel (N-S) transects and two oblique (NW—
SE) crossings of the median valley resulting in the
nearly complete insonification of the inner rift vaiiey.
Higher-resclution, 2-km-swath data were also col-
lected along 70 km of the rift axis in order to provide
more detailed images of potential drill sites. Naviga-
tion for the survey was provided by GPS when
available (6-7 hr per day), and standard transit satel-
lites and dead reckoning between GPS windows. The
position of the Sea MARC I vehicle behind the ship
was calculated from slant-range and altimeter data,
and the processed side-scan images located along the
vehicle track and adjusted to fit the Sea Beam
bathymetry and overlapping side-scan data.

The final data set contributing to our analyses are
scafloor photographs coliected in the three areas
selected as potential drill sites (Figure 4). The camera
system was typically towed 1-12 m above the bottom
at speeds of 0.5~1 knot, yieiding sharp color photos
of the bottom with 2-5m {across) fields of view
(Farre et al., 1983). Like the Sea MARC I track,
camera positions are estimated by slant-range deter-
minations and referenced to Sea Beam bathymetry.

4. Morphology of the Ridge Axis from Sea Beam

The high-resolution Sea Beam bathymetry data ac-
quired during the site survey reveal the rift valiey and
flanking rift mountains in the MARK area to be
surprisingly complex at all scales, both along- and
across-strike (Figures 2 and 3).
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Fig. 2. Sea Beam bathymetry map of the median valley in the MARK area and the eastern Kane Transform. The map is contoured at a
100-m interval with color changes every 500 m. Dashed contours indicate interpolated values.
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Fig. 4. Sea MARC I track coverage superimposed on a simplified

bathymetry map of the MARK area. Stippled area shows cover-

age of 5km swath data; dashed lines indicate location of higher

resolution 2 km swath data. Location of ODP drill sites is shown

for reference. Bottom photographs were obtained on the Sea

MARC | leg at Sites 648 and 649, and at a third site indicated by
the solid triangle.

4.1. OUTER RIFT VALLEY/RIFT MOUNTAINS

Typically, the rift mountains in the MARK area rise
between 1500 and 2000 m above the rift valley floor.
The western rift mountains are comprised of two
broad (15-20 km), shallow ( <3000 m) plateaus that
are separated by a U-shaped saddle between
23°12° N and 23°20° N. The plateaus display a dis-
tinctive structural grain consisting of narrow
(<5 km wide), axis-parallel ridges that are approxi-
mately 500 m high and continuous along-strike over
distances of several tens of kilometers. The ridges are
shallowest midway along their length, deepening and
tapering towards each end, with generally steeper

valley-facing scarps. Morphologically, these ridges
are very similar to the median volcanic ridge that is
forming today in the northern part of the MARK
rift valley and the co-linear, fault-bounded volcanic
ridge that extends to the south (discussed below).
These features thus appear to be volcanic construc-
tional ridges that formed on the median valley floor
and that have subsequently been uplifted, without
significant dismemberment by faulting, into the rift
mountains (Pockalny er al., 1988).

Near the U-shaped saddle in the western rift
mountains between 23°12°N and 23°20°N these
ridges abruptly plunge, taper and bend sharply to the
west mimicking the shape of the ridges that abut the
Kane Fracture Zone 40 km to the north (Figures 2
and 3; also see Pockalny er al., 1988). The saddle
area is characterized by depths intermediate between
those of the flanking rift mountains and the median
valley floor, and is associated with short (5 to
10 km), axis-parallel ridges and troughs. This
anomalous portion of the western rift mountains
occurs at the same latitude as the major structural
discontinuity reported by Purdy and Detrick (1986)
and correlates with the position of the small ridge
axis discontinuity documented in the magnetics by
Schulz er al. (1988). However, the lack of pro-
nounced transform-parallel topographic trends in the
rift mountains at this latitude indicates this is a
discordant zone that has not been characterized by
normal strike-slip transform tectonism during at
least the past 1-2 Ma.

The western rift mountains reach their shallowest
depth (<1500 m) immediately south of the Kane
Transform, adjacent to the ridge-transform inter-
section nodal deep (Figure 2). This ‘inside-corner
high’, which is found near RTIs at most slowly
slipping transforms (Fox and Gallo, 1984; Serving-
haus and Macdonald, 1986), is characterized by
second-order, ridge-axis parallel terrain elements that
are truncated by the exceptionally steep (~20° re-
gional slope), 3000 m high, transform-parallel slope
that defines the southern wall of the Kane Transform
valley. Submersible investigations of the escarpments
on the east-facing rift valley wall using ALVIN
(Karson and Dick, 1983; Karson et al., 1987) reveal
the routine exposure of variably deformed and meta-
morphosed gabbroic rocks up the face of this steep
slope with minor occurrences of basalts and dia-
bases.
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The eastern rift mountains in the MARK area are
also characterized by a series of axis-parallel, asym-
metrical ridges that plunge and taper along-strike
(Figures 2 and 3). The highest and steepest moun-
tains are found in the southern part of the area, near
22°30" N, where the rift valley bends sharply to the
west, Norithward, the broad, lineated ridges perched
atop this shallow plateau deepen and taper forming a
series of narrow, finger-like extensions near 23°00' N
where a prominant ESE-trending trough offsets the
axis of minimum depth along the rift mountains by
ten kilometers to the east. The intersection of this
oblique-trending trough with the rift valley coincides
with the anomalous saddle area in the western rift
mountains.

Between 23°00° N and the Kane Fracture Zone, a
broad {15-20 km wide) and relatively deep (3-4 km)
terrace separates the rift valley floor and the shallow-
est portions of the eastern rift mountains. This ter-
race is associated with two remarkable cuspate ridges
that ptunge and taper toward the Kane Fracture
Zone (Figures 2 and 3). These ridges are approxi-
mately 10 km across at their base, 300 to 50 m high
with a steeper valley-facing slope, and extend along-
strike for a distance of more than 40 km. They bend
sharply to the west at the Kane Fracture Zone
mimicking the shape of the median ridge in the
present rift valley as it curves around the eastern
edge of the nodal basin (Pockalny et al., 1988). The
ridges have apparently experienced relatively minor
faulting and, in contrast to the western rift valley
walls, only basalts have been recovered from these
escarpments (Karson and Dick, 1983; Karson et al.,
1987). The similarity in the shape of these ridges
with the present neovolcanic zone in the RTI area
led Pockalny et al. (1988) to propose that they are
volcanic constructional features that were formed
within the median valley and then transported
laterally to their present position without extensive
faulting.

4.2. RIFT VALLEY

The rift valléy floor in the MARK area is shallowest
(slightly less than 3200 m) 70-80 km south of the
Kane Transform (near 22°50" N) and deepens both
to the south and north of this area, plunging to
depths of 5000-6000m at the eastem Kane RTI
(Figures 2 and 3). South of the Kane Transform two
opposing, approximately N-S trending steep slopes

(10°-20°), typically about 500 m high, define the
borders of the rift valley floor that ranges in width
from 10-17 km. Between 23°05 N and 23°30° N the
rift valley floor is remarkably linear and of nearly
constant width (15-17 k). At 23°05' N the valiey
floor narrows because of the development of a sev-
eral kilometer wide and 20-km-long terrace along the
western rift valley wall (Figure 2). South of this
feature which is located near the sill depth for this
valley segment, the nift valley floor widens and devel-
ops depths in excess of 4000 m along the base of the
eastern rift valley wall. Microscismic activity is con-
centrated in this basin at depths of 4-8 km below the
seafloor and Toomey ef al. (1985 1988) have
proposed that this basin has formed by block fault-
ing and tilting of the rift valley floor over the past
104 yr.

The terrain of the rift valley floor and flanking
walls is very complex and quite variable along-strike.
The central and northern parts of the rift valley are
dominated by two colinear ridges that stand up to
several hundred meters high and trend obliquely
(010°) to the regional N-S strike of the rift valley
(Figures 2 and 3). The southern ridge, which is
located on the terrace mentioned above, can be
traced northward from about 22°50° N until it disap-
pears in a zone of complex, non-lineated topography
between 23°12'N and 23°17'N. It is shallowest
(<3000 m) and widest { ~7 km wide at the 3500 m
isobath) near 23° N, deepening and narrowing both
to the north and south. The northern ridge can be
traced from 23°17° N along the axis of the rift valley
into the eastern RTI. It reaches a minimum depth of
3400 m at 23°22’ N and deepens and narrows toward
the RTI, bending around the eastern edge of the
nodal basin. The northernmost extension of this
feature consists of a series of small, 20~100 m high
conical peaks that terminate against the northern
transform valley wall (Pockalny et al., 1988). The
along-strike continuity of this feature, the abundant
exposure of fresh, sediment-free basalts, and the
discovery of hydrothermal activity on this ridge
about 25 km south of the RTI all suggest this ridge
is the most likely location of the neovolcanic zone in
the northern part of the rift valley (Karson and
Dick, 1983; Kong er al., 1985, Leg 106 Scientific
Party, 1986).

The lincar ridges in the northern part of the
MARK rift valley are flanked by marginal lows.
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Associated with these lows are numerous circular
topographic highs that the Sea MARC I survey and
bottom topography revealed to be of volcanic origin
(see below). The marginal lows deepen systematically
toward the Kane RTI, although several elongate
basins deeper than 4000 m are present along the
eastern side of the rift valley between 23°05' N and
23°20° N. The remainder of the rift valley floor is
associated with small-scale topographic variability
with wavelengths of a few kilometers and amplitudes
of up to a few hundred meters that is superimposed
on the longer-wavelength, along-axis topographic
high near 22°50" N. This terrain, which is a manifes-
tation of on-going volcanic and tectonic processes
occurring along the rift valley floor, was investigated
using the high-resolution side-scan images obtained
during the Sea MARC 1 portion of the site survey.

5. Fine Scale Structural Relationships within
the Rift Valley

5.1. SEA MARC | DATA: ACOUSTIC TEXTURES

The growing collection of Deep Tow, Sea MARC I,
photographic, and submersible observations of ridge
crest topography provide a valuable database to aid
in the sometimes difficult task of interpreting side-
scan sonar observations. While the nature of a sonar
return is strongly dependent on the altitude of the
vehicle, as well as the range and orientation of the
target, a number of characteristic textural and reflec-
tivity patterns are apparent in Sea MARC I records
that can confidently be correlated with specific geo-
logical features. In the MARK area these include:
faults and fissures, constructional pillow terrain, vol-
canos, sediment-covered areas, and debris flows.
Faults and fissures are among the more easily
identified sonar targets. These features are typically
observed on sonar records as sharp, narrow linea-
ments with a crisp and highly reflective texture (Fig-
ure 5). Many of these features, most of which cannot
be resolved on Sea Beam maps, can be traced for
long distances (up to 9 km) in the median valley. It
is often difficult to distinguish between faults and
fissures or small grabens, but the latter can often be
identified by a thin linear acoustic shadow near the
vehicle closely coupled with a linear acoustic target
slightly farther away. In contrast, those features that
are characterized by linear acoustic shadows or

acouslic targets are interpreted as scarps (Kastens er
al., 1986). Where the Sea MARC 1 vehicle crosses
one of these features, the subbottom profiler can be
used to determine the vertical offset (Figure 5). The
majority of lineaments imaged within the MARK rift
valley have vertical offsets of less than 20 m. Bottom
photographs also reveal numerous cracks or fissures
generally less than 1 m wide exposing broken and
sheared pillow lavas. These small-scale features are
not individually resolvable on the side-scan images,
although the general trend of groups of closely-
spaced fissures often can be determined.

The dominant sonar texture in the median valley
in the MARK area is a distinctive hummocky texture
that has been shown by photographic and visual
observations to represent constructional volcanic pil-
low lava flows (Figure 5a). This texture is character-
ized by numerous, overlapping subcircular lobes
(50-500 m in diameter, a few meters relief) on the
Sea MARC I image. While the sonar texture has the
appearance of discrete pillows, the crescent-shaped
targets actually represent the steep-sided flow front
built by a series of downslope prograding pillow
flows. Only rarely can sheet flows be unambiguously
identified on sonar images (they appear as a smooth
grey sonar texture), although bottom photos re-
vealed some crenelated sheet flows associated with
small axial volcanos (see below).

Individual volcanos are recognized on the side-
scan image as circular or semi-circular targets casting
a distinctive acoustic shadow (Figure 6a, b). The
uniform surficial texture of the volcanos varies from
highly reflective (black) to grey. Many of the vol-
canos in the rift valley show a clearly defined circular
shadow at their summit indicating a collapsed sum-
mit crater. Sediment cover reduces the seafloor
reflectivity and results in softer grey tones on the
side-scan images. This effect provides a useful,
though sometimes risky (because of the other factors
controlling reflectivity), means of estimating relative
ages. With all other factors held constant, a sediment-
covered feature will appear lighter and more uni-
form in texture than its younger, unsedimented equiv-
alent. This association was substantiated by bottom
photographs that revealed the lighter grey targets
(particularly some volcanos) to be sediment-covered
while the highly reflective targets showed unsedi-
mented, fresh surfaces. Finally, lobate reflectivity
patterns associated with steep scarps, such as found
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Fig. 5. (a) Sea MARC 1 profile across the eastern half of the median valley and up into the rift mountains southeast of Site 648 (see Figure

4 for location). Depths are from the subbotiom profiler mounted on the Sea MARC I vehicle {solid) and Sea Beam bathymetry (dashed).

(&) median valley showing high (left) and moderate (right) reflectivity zones; note the first occurrence of block faulting near the edge of
the high reflectivity zone and the moderate tile {~5°} of most of the fault blocks.

in the flanking rift mountains (Figure 5b), are indica-
tive of talus or debris flows formed by mass wasting.

Figure 7 shows a tectonic map of the MARK rift
valley constructed from Sea MARC I mosaics using
the associations between sonar textures and geo-
morphologic features described above. Our interpre-
tation of the Sea MARC I images is discussed in
more detail in the following sections.

5.2. ACROSS-AXIS RIFT VALLEY STRUCTURE
Two long, oblique Sea MARC I swaths cross the

MAR rift valley between 22°53 N and 22°57'N
(Figure 4), about 70 km south of the Kane Fracture-
Zone, near the shaliowest part of the median valley.
This crossing is at approximately the same latitude as
Transect 5 of Karson et al. (1987). The Sea MARC
I mosaic constructed from these two profiles, along
with the associated Sea Beam topography and an
interpretive tectonic map is shown in Figure 8. Cov-
erage extends from the crest of the western rift
mountains, across the rift valley to the crest of the
opposing eastern rift mountains, These data define
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Fig. 5. (b) Rift mountains showing low reflectivity zone; note mass wasting and gullying of the scarp faces.

the structures of the rift valley and provide con-
straints on the processes which transform the terrain
of the rift valley floor into the terrain of the rift
mountains.

A high-reflectivity zone about 7 km wide, inter-
preted as the site of most recent volcanism, is located
near the center of the rift valley floor. It is character-
ized by a hummocky sonar texture typical of pillow
lava terrain and numerous small volcanic edifices,
both of which are cut by valley-parallel faults and
fissures (Figures 5a and 8b). Direct submersible ob-
servations have revealed a highly variable sediment

cover in this zone and relatively weathered basalts
suggesting this part of the ridge is in a predominately
tectonic phase with only minor recent volcanic activ-
ity (Brown and Karson, 1988). This high-reflectivity
area is flanked by two distinct bands of less reflec-
tive, presumably older seafloor, on both sides. The
inner zone of lower reflectivity, characterized by light
and dark grey acoustic images, is 4-5 km wide and is
associated with the walls of the rift valley, while a
light grey to white outer band is located in the rift
mountains beyond the main rift valley scarps (Fig-
ures 5b and 8b). The boundary between the central
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Fig. 6. {a) Sea MARC | image and interpretive line drawing of Serocki Yolcano drilted at ODP Site 684, (b) Sea MARC I images and
interpretive line drawings of two volcanos from the MARK rift valley near 23°09° N,
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Fig. 6. (c) Representative volcano shapes based on subbottom
profiler data (Serocki volcano is the lowermost profile). The
volcanos typically stand 50-200 m high and are generally associ-
ated with a broad, flat summit plateau and a 10-60 m deep central
crater. Vertical exaggeration is 5 x (see Figure 10 for locations).

high-reflectivity zone and the flanking bands of lower
reflectivity is quite distinct and approximately corre-
sponds (to within 1 km) to the first appearance of
tilted fault blocks which mark the boundary between
the rift floor and walls (Figure 5a, from 3-5 km). A
series of backtilted blocks (~5° tilt) with steeply
dipping, valley-facing slopes are seen on both the
eastern and western flanks of the rift walls (Figures
5b and 8c). The fault blocks are characterized by
steep, inward-facing slopes and hummocky backsides.
The sonar images reveal the widespread occurrence of
fan-shaped bodies located along the base of inward
facing slopes which are interpreted to represent talus
and debris shed by active mass wasting processes. The
ubiquitous distribution of erosional debris on the rift
valley walls has been confirmed by direct observation
(Karson et al., 1987; Brown and Karson, 1988).
Structural dismemberment of the volcanic con-
structional terrain begins on the floor of the inner rift
valley within the high-reflectivity zone. A compilation
of fault/fissure spacing and associated scarp heights
on these cross-axis profiles (Figure 9) reveals that
fissures and faults are both more closely spaced
(0.32 + 0.25 km, N =32) and have smaller throws
(48 + 47 m, N = 32) within the high-reflectivity zone
on the rift valley floor than in the adjacent zones of

moderate and low reflectivity outside the central
rift valley (spacing: 0.95+ 0.80 km, N =24, 0.84 +
0.62km, N=39, height: 137+110m, N=23,
120 + 86 m, N = 33, respectively). The large scatter in
these values is probably a reflection of the heteroge-
neous nature of the brittle crust and the local stress
field. The increase in scarp height and spacing toward
the flanks of the rift valley suggests that the sites of
active faulting become localized and that most of the
smaller faults and fissures observed in the center of
the valley are buried by mass-wasting processes or
post-tectonic volcanism.

A plot of cumulative fault throw with distance from
the ridge axis (defined by an imaginary central line
drawn between the inward facing scarps that mark the
edge of the rift valley floor) reveals that, except at the
rift floor/wall interface where a series of large throw
faults create an abrupt step in the across-strike profile,
normal fault (inward-facing) relief accrues at a rela-
tively constant rate ( Figure 9c). Outward-facing scarps
account for only a minor amount of the total throw.
The summed fault relief accumulated out into the rift
mountains from the ridge axis exceeds the morpholog-
ical depth difference (between that at the axis and that
about 17 km from the axis) by about 700 m, implying
that the undulating topography created by construc-
tional ridges must, in part, be preserved and trans-
ported up into the rift flanks. That this is the case is
demonstrated in Figure 5, where the height dis-
crepancy is resolved by including the relief of the
unfaulted backsides (eastern) of the rift mountains.

Closer examination shows that all relief within the
high-reflectivity zone (about 250 m) can be. achieved
by normal faulting, but that beginning in the moder-
ate-reflectivity zone, motion on faults becomes local-
ized and grows at variable rates. The growth rates
again become constant in the low-reflectivity rift
mountains, which suggests that large-scale active
faulting has largely ceased, or that all faults now grow
at similar rates. Since average scarp spacing and
heights do not indicate dramatic increases in normal
faulting in the low-reflectivity zone (in fact, there is a
slight decrease), we favor the former hypothesis.
Furthermore, it seems intuitively unlikely that growth
rates outside the valley would be identical along all
three transects given the variability observed in the
adjacent reflectivity zone. The constant slope also
suggests that extreme amounts of rotation and back-
tilting, or reverse faulting, both of which would show
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Fig. 7. Summary tectonic map of MARK rift valley based on our
interpretation of the Sea MARC I data presented in this paper.
Stippled area indicates the approximate location of the northern
and southern ridge segments described in the text. Locations of
Sea MARC I mosaics, 20-m Sca Beam maps and interpretive
tectonic maps are shown for reference.

decreases in fault throw with distance, are not occur-
ring over the first 10 km of flank topography.

The inference that faults are not reactivated during
the subsequent uplift of the crust into the flanking rift
mountains (which reach depths of <2000 m) is con-
sistent with ALVIN observations that few of the
scarps in the rift mountains appear to be tectonically
active (Karson et al., 1987). In addition no evidence
was found in the Sea MARC 1 data for secondary
volcanism in the rift mountains. Instead, the sonar
images suggest that mass-wasting and gullying of
scarp faces, and the resultant sedimentary products

which bury low-relief seafioor features, are the major
geologic processes occurring on the walls of the rift
valley and the flanking rift mountains.

5.3. ALONG-AXIS RIFT VALLEY STRUCTURE

The rift valley in the MARK area is segmented into
two en-echelon spreading cells each displaying
marked differences in morphology, volcanism, and
tectonism, which are separated by a small zero-offset
transform or discordant zone 40-50 km south of the
Kane Fracture Zone (Figure 7). The northern spread-
ing cell is dominated by a large constructional vol-
canic ridge, parts of which are magmatically and
hydrothermally active. In contrast, the southern
spreading cell appears to be in a predominantly
extensional phase and is characterized by a NNE-
trending band of small, fissured and faulted axial
volcanos of various ages. These two ridge segments
overlap creating a discordant zone between 23°05" N
and 23°17" N that lacks a well-developed rift valley or
neovolcanic zone.

5.3.1. Northern Spreading Cell

A 20-m Sea Beam map, Sea MARC I mosaic and
interpretive tectonic map of part of the northern
spreading cell is shown in Figure 10. The linear ridge,
which is the dominating structure of the rift valley
floor north of 23°17" N, is characterized by highly
reflective, hummocky acoustic textures that are in-
dicative of fresh, unsedimented pillow lavas and/or
pillow breccia (Figures 10b and 11a). In general, the
ridge is undisrupted by the extensive faulting and
fissuring that is associated with the surrounding
seafloor, and in a few locations it is clear that the ridge
has been constructed on top of this older tectonized
crust (Figure 11a). These observations, together with
bottom photographs and ALVIN dives in this area
(Karson et al., 1987; Brown and Karson, 1988), are
all consistent with this being a constructional volcanic
feature that has formed very recently by voluminous
fissure eruptions along a 20-30-km-long, NNE-trend-
ing rift zone in the median valley.

This is the largest single constructional volcanic
feature ever found in the Mid-Atlantic Ridge rift
valley, dwarfing Mt. Venus and Pluto in the
FAMOUS area (Ballard and van Andel, 1977). It is,
however, similar in scale and shape to the tapered
ridges identified on the Sea Beam maps in the flanking
rift mountains (see above discussion). It rises up
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Fig. 8. (a) Sea Beam map of a section across the rift valley near 22°55" N, near Site 648 (see Figure 7 for location).
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Fig. 8. (b) Sea MARC I mosaic of the area shown in Fig. 8(a).
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Fig. 9. (a) Scarp height and spacing vs. scarp number across the median valley near 22°55° N. H, M, and L refer to zones of high, medium,

and low reffectivity discussed in the ext. Fissures are plotted with zero height, and unmeasurable scarp heights are not plotted. Estimated

reading errors in spacing and heights are 100-200 m and 20-30 m, respectively, with height data probably underestimated due to talus debris
at the base of scarps. Transect lengths are 38 km (South) and 21 km (North).
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Fig. 9. (b) Compilation (height and spacing) of all inward and outward-facing scarps within H and ML zones across the median valley near

22°55 N. Larger spacing and greater heights of scarps are observed in the M and L zones than in the H zone (inspection of (a) indicates

that H, ML grouping is most appropriate). This observation is insensitive to bin spacing and heights, (¢) compilation fault throw vs.

distances from ridge axis for the three sub-transects (southwest — squares, southeast — diamonds, northeast — triangles) near 22°55° N. Each

point represents individual spacing/height pair as shown in (a). Overlap of H, M, L zones show variability in width of zones. See text for
discussion.
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Fig. 10. (a) Sea Beam map of the iner fft valley between 23°03° N and 23°24" N (see Figure 7 for location).
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Fig. 10. (c) Interpretive tectonic map of the area shown in Figure 10(a).
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Fig. 11. Sea MARC I images and interpretive line drawings showing: (a) the young flows of the median volcanic ridge built on older,
fissured crust along the northern ridge segment, and (b) oblique structural lineations in the discordant zone that separates the northern and
southern spreading cells near 23°15’ N (see Figure 10c for locations).
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to 600 m above the surrounding seafioor and, at its
widest, is more than four kilometers across at its
base. Several individua! bathymetric peaks spaced
2—4 km apart can be identified along the ridge in the
Sea Beam and Sea MARC I records. The largest of
these is located near 23°22° N where evidence for
hydrothermal activity was first discovered during the
site survey (Kong et al.,, 1985), and an active, high-
temperature vent field was subsequently discovered
and drilled at Site 649 (Leg 106 Scientific Party,
1986). This vent field, known as the Snake Pit hy-
drothermal area, consists of at least six massive
sulfide mounds, two of which are hydrothermally
active. The mounds are composed of active and
inactive black smoker chimneys and sulfide debris
deposits covering at least 0.16 km* (Leg 106 Scien-
tific Party, 1986; Thompson et al., in press; Brown
and Karson, 1988). Karson et al. (1987) report large
Mn anomalies at depths of about 3500 m in this
area, suggesting the presence of additional, still
undiscovered, vents at greater water depths.

South of 23°20°' N this volcanic ridge becomes
older-looking and more subdued, finally losing its
topographic expression near 23°15' N (Figure 10a).
Farther south another, nearly colinear, ridge emerges
that can be traced southward along the western rift
valley wail for more than 40 km (Figure 3). It is
characterized by a highly reflective eastern side, in-
terpreted to be a major valley-facing fault scarp or
scarps, and a western side with lower reflectivity
and hummocky acoustic texture (Figure 10b). An
ALVIN traverse across this area revealed the valley-
facing slope to be composed of a series of steep fault
scarps and talus ramps, while the outward-facing
western slope is less steep and composed of moder-
ately sedimented pillow lavas (Karson et al., 1987,
Brown and Karson, 1988).

Brown and Karson (1988) have interpreted this
ridge as an uplifted and rotated fault block that is in
the process of being incorporated into the rift moun-
tains. They view this feature as being unrelated to the
younger, colinear volcanic ridge that dominates the
northern rift valley fioor, and place the boundary
between the northern and southern spreading cells
near 23°15' N. However, Schulz et al. (1988) have
shown that the magnetization high associated with
the northern voleanic ridge is continuous across this
zone and can be traced, albeit with lower magnetiza-
tions, south to about 23° N along this feature. The

tapering of this ridge north and south of its shallow-
est point near 23° N (note the 3500 m contour in
Figure 3) is strikingly similar in shape, size, and reiief
to the present shape of the median volcanic ridge
now forming in the northern rift valley, indicating to
us that this ridge is also a constructional volcanic
feature, although older, that has been truncated by
faulting on its eastern side as it has been uplified into
the western rift mountains.

5.3.2. Southern Spreading Cell

The spreading cell in the southern part of the
MARK area is characterized by a NNE-trending
(010%) band of small axial volcanos that can be
traced from the along-axis topographic high, 80 km
south of the Kane Transform, northward along the
castern side of the median valley to where they
intersect the eastern rift valley wall near 23°15 N
(Figure 7). Representative sonar images of two of
those volcanos are shown in Figure 6a, b; bathymet-
ric profiles across several volcanos are plotted in
Figure 6c. They typically stand 50-200 m above the
surrounding seafloor and are generally associated
with a broad, flat summit plateau bounded by steep
scarps along their outer rim and a 10-60m deep
central crater. The volcanos are generally circular in
shape, range from 1-3 km in diameter, and display a
simple linear relationship between volcano height
and diameter (Figure i2). Bottom photographs of
Serocki Volcano, drilled at ODP Site 648 (Figure
6a), show that the summit plateau is composed of
moderately sedimented bulbous and elongate pillow
lavas, I-2m in diameter with only isolated sheet
flows outcropping near the rim of the central crater
(Humphris et al., 1986). The crater floor is filled with
highly fractured basaltic rubble,

The Sea MARC [ images clearly show that these
volcanos have been constructed on older, fissured
and faulted seafloor and are not all of the same age
(Figure 6). Some of the volcanos are dissected by
numerous faults and fissures suggesting that they are
old enough to have experienced a significant amount
of tectonism, while others are more pristine. In the
case of Serocki volcano, several different episodes of
volcanism and tectonism can be identified (Figure
6a). In the first phase, the volcano was constructed
on seafloor that had already been extensively fissured
and faulted. These earlier fissures have been buried
by the volcano, but are still seen in the surrounding



45

THE MORPHOLOGY AND TECTONICS OF THE MARK AREA FROM SEA BEAM AND SEA MARC | OBSERVATIONS

300
a
e 0"
— .
E 200+ .
= ]
=5 . .
l_9 ee
? ae e
100 — ™ . e
e et e -
e @ ssee 000 w0 @
L L LN ee .
* o
0 T v T T T
o] 1000 2000 3000

MEAN DIAMETER (m)

NUMBER

1.O 1.4 1.8 2.2 2.6
ELONGATION

Fig. 12. Compilation of size and shape statistics for small axial
volcanos found in the MARK rift valley: (a) plot of height vs
mean diameter, (b) elongation (length/width ratio) histogram.

seafloor. Extensional tectonism continued after the
volcano was formed, disrupting the western half of
Serocki Volcano with a series of valley-parallel faults
and fissures. Finally, a few younger lava flows with
very high reflectivities have buried older lavas east of
the summit plateau. Karson et al. (1987) report
dredge samples from one of these areas near Serocki
Volcano recovered the freshest basalt yet sampled
from the MARK area.

The age of these volcanos is difficult to estimate
with any accuracy, but the extensive amount of
tectonism they have experienced, the absence of any
known hydrothermal activity, and the relatively
heavy sediment cover on the summit plateaus of
many of the volcanos indicates some could be at
least several tens of thousands of years old (Karson
et al., 1987). The source (or sources) of the volcan-
ism forming these features is unknown., Many of the

‘older’ volcanos are located within or near the
highly-reflective neovolcanic zone in the southern
spreading cell, suggesting they are post-tectonic erup-
tions associated with a primarily extensional phase of
spreading.

The location of a zone of recent volcanism in the
rift valley south of 22°45’ N is enigmatic (Figure 13).
The bathymetric data indicate that the rift valley
floor is broad (20 km), anomalously deep along its
eastern margin, and devoid of any linear or circular
features that would be suggestive of volcanic con-
structional edifices. In the southwestern corner of the
MARK rift valley there is an elongate ridge that is
morphologically similar to the volcanic ridge of the
northern cell (Figure 13). However, it is located on a
terrace that sits almost 1000 m above the rift valley
floor and we interpret this ridge to be an extinct
eruptive fissure that is now being transported intact
away from the plate boundary zone and out of the
rift valley. Given these characteristics and the seis-
micity in this area (Toomey er al., 1985; 1988), we
suggest that this portion of the southern cell is
dominated by extensional tectonism and has been
devoid of significant volcanism in the recent past.

5.3.3. Discordant Zone

The boundary between the northern and southern
spreading cells appears to lie in a complex transition
zone between 23°05° N and 23°17° N. The rift valley
in this area is poorly developed, lacking the high
flanking rift mountains that are present elsewhere in
the MARK area. The rift valley floor also lacks a
well-defined neovolcanic zone on Sea MARC I
records, and the topography of the rift valley floor is
dominated by a series of rugged, fault-bounded,
axis-parallel ridges and troughs (Figure 10). Brown
and Karson (1988) report that the western and cen-
tral portions of the median valley floor in this area
are blanketed by a fairly thick sediment cover (about
0.5m) and display no evidence of recent volcanic
activity. A line of five conical volcanos lies near the
foot of the eastern rift valley wall between 23°10' N
and 23°17" N (Figure 10c). These volcanos, which
appear to be the northernmost extension of the
volcanos that have formed along the southern
spreading cell, are not extensively faulted, but are
associated with a fairly thick sediment cover indicat-
ing an age of several tens of thousands of years
(Karson et al., 1987).
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Fig. 13. A map outlining the major morphotectonic elements of the MARK are. The across-strike limits of the rift valley floor are
defined by a braided network of opposing scarps. The rift valley floor is made up of at least two spreading cells separated by a broad
discordant zone (marked by triangles) betweer 23° N and 23°17° N, The volcanic constructional edifices most recently created along
each ccll are shown in black. Elongate ridges which flank the plate boundary are identified as terraces along the western rift valley
wall (double diagonal lines) or as rift mountains (diagonal lines). We propose that these flanking ridges are extinct volcanic
constructional edifices that were created along the floor of the rift valley during a waxing phase of magmatism. Subsequent to
construction these volcanic nidges were partitioned by faulting to one plate boundary or the other and rafted up and out of the tilt valley
[argely intacl.

This part of the median valley is characterized by
generally low crustal magnetizations (Schulz er al.,
1988) and was found by Purdy and Detrick (1986) to
mark the boundary between relatively normal seis-
mic crustal thicknesses and velocities to the south
and thinner crust with no distinct seismic layering to
the north. Outcrops of serpentinized peridotites and
greenstones were found by submersible along the
western edge of the rift valley (Casey, 1986; Karson

et al., 1987). Subsequent driiling at ODP Site 670 by
the R/V JOIDES RESOLUTION penetrated over
100 m of serpentinite (Detrick, Honnorez, Bryan,
Juteau er al., 1988). The serpentinites show evidence
of progressive retrograde alteration at very high
temperatures, ductile deformation and subsequent
hydration at progressively lower temperatures
(Casey, 1986). The presence of these serpentinites
suggests uplift of hydrated mantle beneath an
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anomalously thin crustal section and/or diapirism of
the serpentinites along major faults (Brown and
Karson, 1988).

Schouten et al. (1985) have suggested the presence
of a small ( ~ 10-15 km), left-lateral transform at this
latitude based on offsets of magnetic anomalies pre-
served in the older crust flanking the rift valley.
Schulz er al. (1988) demonstrated that the magne-
tization high associated with the central magnetic
anomaly is also offset left-laterally about 8 km be-
tween 23° N and 23°05" N indicating a small offset
still exists in the zone of accretion within the present
median valley south of 23°15' N. However, despite
the evidence for an offset in the magnetics at this
latitude, there is no indication of time-averaged,
strike-slip motion along this boundary. Sea MARC |
data show that within the present inner rift valley
most tectonic lineaments retain their north-north-
easterly orientation across this zone; transform-par-
allel trends are not observed (Figure 10c). The only
features that could be related to strike-slip faulting
are a series of sub-parallel, oblique lineations ob-
served near 23°10° N on the western flank of the
median volcanic ridge (Figure 10c). These lineations,
which may be fissures formed by the influence of a
right-lateral shear couple on the regional extensional
stress field, are observed on the western slope of the
southern volcanic ridge and curve to the northwest
(295°) toward the western edge of the rift valley
(Figure 11b). The overprinting of these fissures by
the volcanic ridge indicates they predate the forma-
tion of this feature, which itself is at least several tens
of thousands of years old. The absence of transform-
parallel trends and high magnetization values to the
east of the southern ridge may imply that the accre-
tionary axis has jumped very recently leaving the
NW-trending lineaments as a record of past shear
couple.

6. Discussion

The most remarkable aspect of the Sea Beam and
Sea MARC I data described in this paper is the
complexity of the rift valley structure in the MARK
area. Based on previous work in the FAMOUS
(Ballard and van Andel, 1977; Macdonald and
Luyendyk, 1977) and AMAR (Crane and Ballard,
1981; Stakes er al., 1984) rifts on the Mid-Atlantic
Ridge, we had expected a simpler, symmetrical rift

valley structure in cross-section with a narrow (1-
3 km wide) neovolcanic zone in the center of the
median valley, flanked by marginal lows with up-
lifted and block-faulted terraces on the walls of the
rift valley. We also expected systematic variations
along the rift valley toward the Kane Transform
such as those proposed by Francheteau and Ballard
(1983). Their model predicted that the most recent
volcanism, the most fluid lavas and the greatest
hydrothermal activity would be associated with the
median valley topographic high 70-80 km south of
the Kane Fracture Zone, while a decrease in mag-
matic budget and an increase in the relative impor-
tance of faulting and fissuring were expected in those
portions of the rift valley nearest the fracture zone.

The results described in this paper, and the sub-
mersible observations reported by Karson et al.
(1987) and Brown and Karson (1988), indicate a
complex, segmented rift valley with major changes in
magmatic budget, tectonic style and hydrothermal
activity along-axis at a 100-km-scale that are quite
different than the results from these earlier studies of
shorter ridge segments would have predicted. The
median valley topographic high at 22°55' N in the
MARK area is actually a relatively old feature which
is heavily fissured and faulted, with only minor,
recent volcanic activity. The most voluminous vol-
canism, and the only evidence of hydrothermal activ-
ity in the MARK area, is found along a portion of
the rift valley only 20-30 km from the Kane Fracture
Zone. These results suggest that the long-wavelength
(40-100 km) decrease in the depth of the rift valley
floor that is associated with increasing distance from
the large age-offset Kane Transform is a reflection of
deep seated patterns of mantle flow and melt genera-
tion. This long wavelength signal clearly cannot be
used to predict where, at any given time, recent
volcanism and/or hydrothermal activity may be lo-
cated along the plate boundary.

The neovolcanic zone in the MARK rift valley is
discontinuous along-strike and appears to be associ-
ated with two NNE-trending, en-echelon spreading
cells, each displaying a distinct volcanic style, and
each striking obliquely across the floor of the rift
valley. While a central constructional volcanic ridge
with marginal lows characterizes the northern rift
valley, recent volcanic activity in the southern por-
tion of the MARK area is associated with a band of
small volcanos of varying ages that spread, in some
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cases, across the entire width of the rift valley (e.g.
22°55°N-23°15’N). The most anomalous feature
discovered is a discordant zone 40-50 km south of
the Kane Fracture Zone which lacks a well-devel-
oped neovolcanic zone and flanking rift mountains,
and which is associated with outcrops of serpen-
tinized peridotite on the western rift valley floor.

Three major factors appear to be responsible for
the structural and tectonic complexity of the MARK
area, The first is the segmentation of spreading in
this area into two distinct spreading cells, This seg-
mentation is clearly manifested in the regional
bathymetry and structural fabric of the rift valley,
but is also recorded in the flanking magnetic anoma-
lies which indicate that the relative positions and
dimensions of the spreading cells have remained
similar along this part of the Mid-Atlantic Ridge for
tens of millions of years (Schouten ef al., 1985;
Schulz er al., 1988). The differences observed in
volcanic and tectonic activity within the MARK area
may thus reflect, in part, spreading cells in different
stages of a magmatic/tectonic cycle (Macdonald,
1983; Pockalny et al., 1988) or relative differences in
the importance of magmatism and tectonism within
adjacent ridge segments (Karson ef al., 1987). We
favor the first explanation since we can recognize a
similarity in the terrain elements developed in these
two contiguous spreading cells with morphological
patterns repeated off-axis that mimic the shape and
dimensions of features found within the rift valley.

A second factor which may have contributed to
the tectonic complexity of the MARK area is the
pattern of asymmetric spreading that characterizes
this portion of the Mid-Atlantic Ridge (Schouten ez
al., 1985; Schulz er al., 1988). Over at least the past
3 Ma this asymmetric spreading has been caused by
a series of small (~ 10 km), eastward ridge jumps
resulting in faster spreading rates to the west
(14 mmyr~") than to the east (11 mm yr—"). Since
the present rift valley fioor is only 10-17 km wide,
these jumps probably occurred by a relocation of the
neovolcanic zone within the rift floor. This episodic
telocation of the neovoleanic zone will iead fo a
complex overprinting of volcanic and tectonic pat-
terns and could partially explain the structural and
topographic heterogeneity of the rift valley.

Finally, the structure of the MARK rift valley is
complicated by the presence of a small ridge-axis
discontinuity between 23°07°N and 23°17'N. This

boundary separates crust with distinctly different
seismic structures (Purdy and Detrick, 1986) and
magnetic signatures (Schulz er al., 1988), and is itself
associated with a zone of very anomalous bathyme-
try, seismic properties and geologic structure (Purdy
and Detrick, 1986; Karson ef al., 1987). There are,
however, no structural relationships defined in the
Sea Beam and Sea MARC [ data to suggest that this
kind of ridge axis discontinuity has behaved in a
rigid lashion (e.g., a transform). Ridge-axis-parallel
structures (e.g., ridges, wroughs, scarps) within the
rift valley do not terminate against cross-cutting
structures that strike at a high angle to the plate
boundary. Rather, terrain elements exhibit continu-
ity into and, in some cases, across the discordant
zone indicating it is not a boundary but an area
across which magmatic and tectonic events associ-
ated with the opposing spreading cells episodically
cross. Terrain relationships exhibited in the rift
mountains that flank the discordant zone indicate
that this type of discontinuity has persisted for at the
least one to two million years. Magnetics data, how-
ever, indicate that the magnitude of this offset was
larger at some time in the past and may have be-
haved rigidly accommodating strike-slip strains
along a narrow boundary parallel to the opening
direction (Schulz et al., 1988).

This discordant zone may be analogous to those
non-transform offsets recently described on the fast-
spreading East Pacific Rise. The scale of the offset
( ~8 km)}, the overlap in the ridge segments and their
associated magnetization highs, and the absence of
any evidence of strike-slip tectonism all suggest that
this ‘zero-offset’ transform or discordant zone is a
reasonable slow-spreading ridge analogue to the
overlapping spreading centers found on the East
Pacific Rise {(Macdonald and Fox, 1983; Lonsdale,
1983).

Anocther interesting observation of this investiga-
tion is the remarkable similarity of the terrain in the
rift valley floor with the flanking ridges of the rift
mountains. The most striking morphotectonic fea-
ture of the northern portion of the MARK rift valley
is the long (several 10s of km), 300-800 m high ridge
that lies along the center of the valley. This ridge,
which is known to be a volcanic constructional
edifice (Karson et al., 1987), has the distinctive shape
of a biconvex lens in plan view. At approximately the
midpoint, the ridge is at its maximum width and its
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width diminishes towards either end. An along-
strike depth profile shows that the ridge is shallow-
est near its midpoint with depths increasing steadily
towards the ends of the nidge. This distinctive mor-
phology is likely to be the product of a fissure
eruption where melt has been delivered to a shallow
level reservoir located beneath the central portion of
the ridge. Once emplaced at shallow levels, some
melt moves laterally away from the eruption center
along extensional fissures. The distinctive biconvex
shape of the ridge reflects the fact that, in a time-
averaged sense, less melt is delivered to the distal
ends of the eruptive fissure.

Once created, such an eruptive construct can
follow one of two evolutionary paths: it can be
dismembered by normal faults with small slivers of
the edifice incremently rafted up the rift valley walls
(see review of these models by Macdonald, 1983);
or can be rafted up and out of the rift valley largely
intact without significant structural dismemberment
by faulting. We favor the latter process based on
the morphologic and structural relationships defined
in our Sea Beam and Sea MARC I data. Sea Beam
data show, for example, that the terrain of the
western rift valley wall (e.g., the two terraces lo-
cated at 23°00° N and 22°35’ N), and the rift moun-
tains that flank the MARK rift valley, are made up
of broad (across-axis) and convex (along-strike)
axis-parallel ridges that plunge and taper at each
end. These features are remarkably similar in shape
and dimensions to the neovolcanic ridge presently
forming in the floor of the rift valley in the north-
ern part of the MARK area. Detailed shape analy-
sis indicates that the sides of these ridges which face
the plate boundary are steeper by several degrees
than the outward-facing slopes suggesting some
fault control (Pockalny er al., in preparation). Sea
MARC | data also show that significant amounts of
uplift are located along the base of the rift valley
wall where parcels of crust are uplifted off the rift
floor (Figure 9). As crust moves from the base of
the rift valley wall up into the rift mountains there
is little differential motion between crustal parcels.
This focusing of tectonism along the base of the rift
is confirmed by direct observations in the MARK
area (Karson er al., 1987) as well as other rift valley
segments (Stroup and Fox, 1981, OTTER, 1984).
Sea MARC 1 bottom profile records do indicate
that there is some modification of the distinctive

volcanic terrain since minor amounts of backtilting
of crustal parcels (usually less than 5°) are docu-
mented to occur as parcels are uplifted along near-
vertical, small-offset normal faults.

The striking similarity between the volcanic con-
structional terrain along the ridge axis with flanking
topography has been noted at other spreading cen-
ters localities by other investigators (East Pacific
Rise South of Tamayo - Lewis, 1979; Juan de Fuca
Ridge — Kappel and Ryan, 1986; Kane Fracture
Zone — Pockalny et al., 1988). Following these in-
vestigators, we propose that the distinctive ridge
flank terrain is the product of a temporally variable
magma supply superimposed on a more steady-state
extensional stress regime associated with the separa-
tion of two large lithospheric plates. The spacing of
the ridges (~5-10km) suggests an episodicity in
major phases of magma production rates on the
order of a few hundred thousand years. The pres-
ence of intact constructional volcanic edifices pre-
served on terraces on the flanks of the rift valley
(23° N; 22°35'N) and in the rift mountains indi-
cates the axis of accretion must periodically relocate
within the 10-17 km wide inner rift valley, rafting
these features flankward on one plate or the other.
This observation is consistent with the overall pat-
tern of asymmetric spreading, and the evidence for
duplicate magnetic anomalies in the MARK area
reported by Schulz er al. (1988).

The intact character of the extinct eruptive vol-
canic ridges that are found off-axis indicate that
during a magmatic phase, extensional tectonism is
largely muted by the intrusion of magma along
fissures that form in the brittle carapace overlying
the plate boundary. Consequently, the large
amounts of extension and crustal stretching that
Karson (in press) has argued for to explain the
exposure of plutonic rocks are not applicable to this
phase of plate boundary evolution. During a pro-
longed warning phase of magmatism, however, ex-
tensional tectonism could disrupt and dismember a
thin crustal assemblage along the lines suggested by
Karson (in press). The documented morphologic
and lithologic spatial heterogeneity along the
MARK rift valley and flanking rift mountains is
thus largely the product of two spreading cells that
evolve independently in response to the interplay
between extensional tectonism and the episodic vari-
ations in magma production rates.
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7. Conclusions

The combination of high-resolution bathymetric sur-
veying and sidescan sonar imagery focussed on a
~100-km long segment of the Mid-Atlantic Ridge
has provided an exceptional data set with which to
study the morphology and tectonics of a portion of
this slowly accreting plate boundary. These data,
along with interpretations of magnetic anomalies and
submersible observations in this area, document a
surprisingly complex rift valley structure character-
ized by two distinct spreading cells separated by a
small, zero-offset transform or discordant zone 40-
50 km south of the Kane Fracture Zone. The north-
ern spreading cell, immediately south of the Kane
Transform, is characterized by a young, hydrother-
mally active, constructional volcanic ridge located
near the center of the median valiey. The southern
spreading cell, in contrast, is in a predominantly
extensional phase with only small, isolated volcanic
eruptions that have formed a NNE-trending band of
fissured and faulted, small axial volcanos. These two
spreading cells are separated by a tectonically and
structurally anomalous zonc between 23°05' N and
23°17' N that may be a slow-spreading ridge ana-
logue to the overlapping spreading centers and other
non-transform offsets found on the East Pacific Rise.
Despite the complexity of the MARK area, volcanic
and tectonic activity appears to be confined to the
10-17 km wide inner rift valley. Block faulting along
near-vertical, small-offset normal faults, accompa-
nied by minor amounts of back-tilting (generally less
than 5°), begins within a few km of the ridge axis and
appears largely to cease as the crust moves out of the
rift valley. Most of these faults do not appear to be
reactivated during the subsequent uplift of the crust
into the flanking rift mountains, leaving construc-
tional volcanic ridges formed along the rift valley
floor preserved largely intact in the rift mountains.
The observed cumulative fault relief is consistent
with the presence of non-fault-related topography,
such as constructional volcanic ridges, in the rift
mountains, Mass-wasting and gullying of scarp
faces, and sedimentation which buries low-relief
seafloor features, are the major geological processes
occurring outside of the inner rift valley.
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CHAPTER 3. MICROEARTHQUAKES BENEATH THE MEDIAN VALLEY
OF THE MID-ATLANTIC RIDGE
NEAR THE TAG HYDROTHERMAL FIELD, 26°N

INTRODUCTION

A knowledge of the interplay between volcanism and tectonism within the median
valley is central to the understanding of the crustal accretionary process at slow-spreading
centers. Deep-towed sonar surveys, bottom photography, and submersible studies have
shown the rift valley to be dominated by ridge-parallel fissuring and faulting, but rarely
reveal the presence of fresh, unsedimented basalts [Ballard and van Andel, 1977,
Macdonald and Luyendyk, 1977, Karson et al., 1987; Kong et al., 1988]. Focal
mechanism studies have shown that faulting occurs at depths extending throughout the
crust [Toomey et al., 1985, 1988; Huang et al., 1986; Huang and Solomon, 1988]. In
contrast to the East Pacific Rise where recent studies indicate that a shallow magma
chamber may exist beneath a large fraction of the ridge system [Detrick et al., 1987],
experiments to date along the Mid-Atlantic Ridge (MAR) have found no evidence for a
continuous or steady-state magmatic feature. The discovery of active high-temperature,
hydrothermal vents at two locations (23°N and 26°N) along the MAR [Kong et al., 1985;
Detrick et al., 1986; Rona, 1985; Rona et al., 1986], however, requires there to be heat
sources within the shallow crust at least locally along parts of the ridge. The dimensions,
shapes, and temporal character of such thermal anomalies, and their effects on tectonism
and the state of stress within the rift valley, are as yet unknown.

As increasing amounts of geological and geophysical data are collected, it is
becoming apparent that the accretionary process at mid-ocean ridges varies temporally and
spatially along-strike. A model in which the ridge axis is segmented into distinct spreading
cells, each characterized by varying proportions of active volcanism and tectonism and each
with an along-axis length of less than about 100 km, now appears to be appropriate [e.g.,
Francheteau and Ballard, 1983; Schouten et al., 1985; Langmuir et al., 1986; Macdonald,
1986; Kong et al., 1988; Sempere et al., 1989]. Each segment is bounded at its distal ends
by an along-axis depth maximum and shoals away from the deep toward a local along-axis
minimum. The model predicts that within a given cell, the region of most recent volcanism
and hydrothermal activity, and thus elevated isotherms, should be located beneath the local
depth minimum, and that away from this zone the crust should be cooler and more
tectonized, and volcanism less voluminous.
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Bathymetric surveys over large areas of the Mid-Atlandc Ridge have revealed the
median valley to vary remarkably at all scales in width, depth and roughness. This
topographic variability is probably an indication that different segments along the ridge
system are in different stages of volcanic and tectonic evolution. If we are to draw any
conclusions about accretionary processes at slow-spreading centers we must therefore
study a number of ridge segments, each of which may characterize an important and
distinct stage in the transformation of magma into ocean crust. In particular, determination
of earthquake epicenters, focal depths, and the nature of faulting along several contrasting
segments of the Mid-Atlantic Ridge can provide important constraints on the thermal and
mechanical structure of the crust.

To this end, several microearthquake surveys have been conducted along the MAR
[Francis and Porter, 1973, Francis et al,, 1977; Lilwall, 1980; Lilwall et al., 1977, 1978,
1980; Murray et al., 1984; Toomey et al., 1985, 1988]. Most however, have lacked a
large enough network of instruments to constrain hypocenters well. A study of
microearthquakes beneath the median valiey at 23°N using 10 ocean bottom hydrophones
and seismometers has so far provided the best estimates of focal depth and mechanisms
[Toomey et al., 1985, 1988]. In the context of the spreading cell model, the survey at
23°N was carried out within an along-axis deep at the southern distal end of a cell [Kong et
al., 1988]. The distribution and source mechanisms of microearthquakes implied that no
magma chamber was present and that the entire crust beneath this portion of the median
valley had cooled to temperatures within the brittle field of behavior. Such an inference is
consistent with predictions that the distal end of cells are less likely to experience active
volcanism.

In order to investigate further the spreading cell model in the context of a slow-
spreading mid-ocean ridge environment, we have collected a microearthquake and seismic
refraction data set in the vicinity of an active hydrothermal field on the MAR near 26°N
(Figure 1). In contrast to the magmatically quiescent, cool crust beneath the along-axis
deep at 23°N, the ridge segment at 26°N is characterized by high-temperature, black-smoker
chimneys on the eastern inner floor at the along-axis high [Rona, 1985; Rona et al., 1986)
(Figures 2, 3). The geological framework at 26°N makes this an excellent locale at which
to study the relationships between volcanism, tectonism, and hydrothermal circulation.

In this chapter, we present the results of the microearthquake survey. Hypocenters
for 189 earthquakes are estimated, initially using a one-dimensional (1D) velocity model
with station corrections, and focal mechanism solutions are constructed for spatially and/or
temporally clustered events. The effect of lateral heterogeneity on the results is then
evaluated by comparing these locations and mechanisms with those obtained with a two-
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dimensional (2D) velocity model determined from earthquake and shot travel times.
Seismic moments, source dimensions, and recurrence rates are also estimated. Finally,
these observations are compared with results from microearthquake studies at other
locations along the Mid-Atlantic Ridge.

BACKGROUND - THE MID-ATLANTIC RIDGE AT 26°N

A recent Sea Beam survey of the Mid-Atlantic Ridge from 24-31°N indicates that
the ridge can be divided into a number of en echelon segments, each 30-50 km in length
trending ~N25°E and separated by 5-25 km wide, non-transform offsets [Sempere et al.,
1989]. Along the ridge from 25°25'N to 26°20'N, three en echelon ridge segments can be
identified, each varying in width and depth along its strike. The area has experienced a
number of teleseismically observed earthquakes over the past 25 years, including a swarm
of five events, located by the International Seismological Centre (ISC) (mp =4.5 - 5.1),
that occurred while our seismic network was in operation (Chapter 5). These events, two
of which have centroid moment tensor solutions indicating normal faulting [Dziewonski et
al., 1986], were located within the median valley ~20 km south of the network.

At 26°N, a considerable quantity of background geological and geophysical data is
available in the literature from the initial Trans-Atlantic Geotraverse (TAG) Project [Scott et
al., 1974; Rona et al., 1976, 1986; McGregor et al., 1977; Temple et al., 1979; Jenkins et
al., 1980; Rona, 1980;], as well as most recently from Sea Beam [Purdy et al., 1989;
Sempere et al., 1989], magnetic [Tivey et al., 1989a, b], geochemical [Shearme et al.,
1983; Thompson et al., 1985, 1988; Lalou et al., 1990], water sample [Klinkhammer et
al., 1986; Rona and Speer, 1989], and near-bottom camera and submersible investigations
[Karson and Rona, 1982, 1989; Rona, 1985; Rona et al., 1986; Campbell et al., 1988;
Eberhart et al., 1988; Zonenshain et al., 1989]. Spreading over the last 10 My has been
asymmetric, with half-rates of 1.3 cm/yr to the east and 1.1 cm/yr to the west [Lattimore et
al., 1974; McGregor et al., 1977].

The median valley at 26°N has an hourglass shape, narrowing at the along-axis
bathymetric minimum (26°09'N) with a pronounced widening and deepening of the valley
to the north and south (Figure 2). The walls of the median valley display a high degree of
asymmetry, with the gentler-sloping western flank composed of a series of back-tilted (5-
10°) fault terraces and steeply-dipping (60°) fault scarps ranging in height from 50 to 200
m [Zonenshain et al., 1989]. Because the westward transition from inner floor to valley
wall is gradual at the along-axis high, we define for ease of discussion the boundary
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between the inner floor and western wall to be the 3.5 km contour by extrapolation from
the more abrupt transition to the south (25°05 - §7'N, 44°54.5'W).

In contrast, the much steeper and higher eastern valley wall is characterized by large
amounts of mass wasting and a steplike ascent upwards with fault scarps and back-tilted
(up to 30°) terraces hundreds of meters high and wide [Temple et al., 1979; Karson and
Rona, 1982, 1989]. The terraces are themselves composed of numerous smaller fault
blocks. During submersibie and near-bottom photographic transects up the eastern wall,
Zonenshain et al. [1989] documented the exposure of gabbros, vertically-oriented sheeted
dikes, and horizontally-lying pillow lavas in vertical succession from seafloor depths of 3.0
to 2.4 km, and with little or no in situ deformation. These workers suggested that large-
scale vertical uplift was responsible for the topography. No mention however, was made
of such an exposure of a significant fraction of a crustal section in other studies of the
eastern wall [e.g., Rona, 1980; Rona et al., 1976]. Historically, the TAG hydrothermal
field was the term initially applied to the region of the eastern wall adjacent to the along-axis
high, where low-temperature hydrothermal solutions seep out along linear fault zones
resulting in the deposition of manganese oxides, enrichment of metals in sediments, and
anomalies in temperature and 3He in the near bottom waters [Rona, 1980]. Since 1985, the
TAG hydrothermal field has come to describe the active, high-temperature vent field
situated in the inner floor ~2 km to the east of the neovolcanic zone at the along-axis high
(Figure 3) [Rona, 1985; Rona et al., 1986].

Within the inner floor in the region of the along-axis high, the neovolcanic zone is
characterized by a series of small volcanic edifices forming a ridge along the axis of the rift
valley [Zonenshain et al.,1989], including a 200-m-high elliptical feature at the southern
end of the along-axis high (Figure 3). We will use the term "volcano” to denote this
feature; this interpretation is based on the resemblance in height and shape of the edifice
with seafloor volcanos mapped within the MAR median valley at 23°N [Kong et al., 1988].
In the analysis of the microearthquake data to follow and in Chapter 4, we note that this
axial volcano appears io be significant as marking the southern terminus of along-axis
variations in structural and tectonic characteristics attributed to the median valley depth
minimum.

Near-bottom observations in the high-temperature hydrothermal field document
massive sulfides and active black-smoker vents (water exit temperatures > 321°C,
Campbelil et al., 1988) atop the 55-m-high, 250-m-wide inner hydrothermal mound. If the
mound is composed entirely of hydrothermal precipitates, this volume makes it comparable
in size (~4 million tons) to the large sulfide ore bodies found sub-aerially, e.g., in Cyprus
[Costantinou and Govert, 1973]. An outer mound ~580-m wide is composed of fractured
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basalt talus interspersed with hydrothermal sediments and pillow lavas [Rona et al., 1986].
Submersible dives, dredges, and piston coring in the area have been used to document at
least two prior stages of volcanism and hydrothermal activity, with the most recent basalts
(1000 - 5000 years old based on the glassy character of the basalts and lack of sediment)
observed near the base of the hydrothermal mound [Zonenshain et al., 1989].

Analysis of sea surface magnetic data show that the area of the high-temperature
hydrothermal vent field is associated with a magnetic anomaly low (Figure 3) [Rona, 1980;
McGregor et al., 1977; Tivey et al., 1989a,b]. A three-dimensional inversion of the data
shows an elongated region of reduced magnetization paralleling the eastern wall at the
along-axis high [Tivey et al., 1989a,b]. The crustal anomaly has been suggested to result
from chemical demagnetization caused by the progressive alteration of magnetic minerals
by hydrothermal fluids, or from thermal demagnetization resulting from slight increases in
temperature within the magnetic source layer which raise the rock above its Curie point.

Along with the microearthquake experiment, a 75-km-long refraction line was shot
along the median valley axis from 25°54'N to 26°28'N. The inversion of the shot and
earthquake travel time residuals for 2D velocity structure beneath the median valley is
presented in Chapter 4. Higher velocities are associated with the uppermost 1-2 km of
crust at the along-axis high than are present in the deeper portions of the median valley, and
velocities appear to decrease below 3 km depth in the vicinity of the ridge-axis volcano and
the along-axis high. These observations are interpreted as the seismic expression of a
cooling magmatic intrusion beneath the along-axis high (Chapter 4).

SEISMIC NETWORK - EXPERIMENT DESCRIPTION

During the summer of 1985, prior to the discovery of the active high-temperature
vent field, a seismic network consisting of seven ocean bottom hydrophones (OBHs) from
the Woods Hole Oceanographic Institution (WHOI) and three ocean bottom seismometers
(OBSs) from the Massachusetts Institute of Technology (MIT) was deployed for a three-
week period to record earthquake activity at 26°N. The 20 x 10 km network straddled the
median valley and eastern wall from the along-axis high southward and was configured to
provide coverage of the known low-temperature hydrothermal field on the eastern wall
[Rona et al., 1980], as well as the along-axis high at 26° 09'N and the 4500-m bathymetric
deep to the south. Coverage of the deep was judged important because the majority of
activity at 23°N was located beneath an equivalent morphological feature [Toomey et al.,
1985, 1988].
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The combination of the continuously-recording analog WHOI OBHs [Koelsch and
Purdy, 1979], which provide complete records of the seismicity over the deployment
period, with the event-triggered, high dynamic range (108 dB) digital OBSs [Mattaboni and
Solomon, 1977; Duschenes et al., 1981] has proven to be very successful in obtaining
well-resolved hypocentral parameters in a previous experiment [Toomey et al., 1985,
1988]. The three orthogonal seismometers (vertical and two horizontals) contained in the
OBS geophone package permit the identification of S waves which are important in
reducing the uncertainty in the focal depth [Duschenes et al., 1983]. Because the OBH
package floats ~3 m off the bottom, it can be deployed in areas of rugged topography. It is
able to record impulsive P wave arrivals, but has a smaller total dynamic range (60 dB)
than the MIT OBS. Both the OBH and OBS records for the July 13, 1985, swarm of
teleseismically-located earthquakes were saturated beyond the P wave arrival, however.

During the 23-day deployment, over 1600 distinct events were detected, and over
400 events were well-recorded by more than 5 instruments (Figure 4). All instruments
except one OBS recorded data of high quality. Average numbers of events well-recorded
on the continuously-recording OBHs ranged from 8 to 24 events/day. The OBHs deployed
within the inner floor (OBHs 1, 2, 3, 6) recorded considerably more activity than the
OBHs (4, 5, 8) and OBSs (31, 33), which were deployed on the eastern wall (Figures 4,
5). Typical examples of the high-quality hydrophone and seismometer data are shown in
Figure 6. We believe this data set to be the largest, well-constrained microearthquake data
set ever to have been collected on a slow-spreading ridge. By far the most active period
corresponded to that of the teleseismically-located earthquake swarm (Figure 5, day 19).
Unfortunately, these data are complicated by noise generated by the coincidental arrival in
this area of the NOAA research vessel R/V Researcher to begin camera and CTD work that
resulted in the discovery of the black-smoker vent field [Rona et al., 1985).

INSTRUMENT RELOCATION

Because lateral trajectories of the free-fall instrument packages are not known, and
instrument mislocation directly affects the quality of the estimated hypocentral parameters,
we have used the method of Creager and Dorman [1982], as applied to microearthquake
networks by Toomey et al. [1985], to relocate our instruments. This technique utilizes
acoustic ranging of shots to fixed instruments to solve simultaneously for the locations and
depths of the instruments and the locations of the ranging shots. Initial ranging shot and
instrument drop locations were given by the GPS navigation system (X 40 m error), and
instrument depths were read from 12 kHz echo-sounding records (+ 100 m error). A
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single water layer, with an average sound velocity of 1.5137 km/sec determined from a
conductivity/temperature/depth cast at 24°N, was assumed. One-way travel times were
read on the OBHs from a filtered (0.15 - 2 kHz) and rectified hydrophone channel and on
the OBSs vertical channel (2 - 50 Hz sensitivity). While the arrival times on both
instruments can be picked to within 10 ms, there is greater uncertainty in identifying the
correct arrival of the water wave on the OBSs due to interference effects that can occur at
the seafloor.

Water wave arrivals with travel times greater than 12 s and five shots having low
signal-to-noise ratios or suspected phase misidentifications were excluded from this
analysis. In addition, for the OBSs we have attempted to retain an even azimuthal
distribution of shots by excluding some data along the N25°E refraction line which arrive
from only a small range of azimuths. A total of 213 observations (154 travel times, 25
initial shot locations, 9 initial instrument depths) were used to estimate 77 parameters (9
final instrument locations and depths, 25 final shot locations). A comparison of the least
squares estimate of x2 with that expected for a system with 136 degrees of freedom
provided an a posteriori check of the statistical estimates. With the assumption that the
ranging shot locations and instrument depths were better known than the uncertainty in
travel times, we obtained a travel time picking error of 15 ms (x2 = 125), consistent with
our g priori estimate.

The final locations of the instruments and the shot locations are shown in Figure 2
and given with their 1-o formal confidence limits in Table 1. Since most of the instruments
move laterally only about 150 m from their initial drop positions, we conclude that the
instrument descent through the water column was nearly vertical. Furthermore, if high-
precision navigation (such as GPS) is used during the instrument deployment, then it
appears that instrument relocation results in little improvement in the locations of shots and
instruments. The average change in latitude and longitude for the shots was 300 m with 1-c
errors ranging from 20 - 60 m. For the instruments, the largest change in position (450 m)
corresponded to the northernmost instrument (OBH 4) located on the@®astern valley wall.
This instrument was deployed using Transit satellite navigation, and its drop location could
be expected to have a larger error. The 1-0 errors in latitude and longitude of the
instruments ranged from 15 - 30 m with 1-o errors in depth between 8 and 80 m; the root
mean square (rms) travel time residual was after relocation was 9 ms.

Most of the uncertainty in instrument position is in the depth of the instrument.
Comparison of the relocated depths with depths from the Sea Beam bathymetry collected
over the area [Rona et al., 1986; Sempere et al., 1989], referenced to a 1.5 km/s sounding
velocity, show an rms difference of 115 m and a maximum difference of 380 m. Both
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figures are significantly larger than the formal errors in Table 1. Explanations for this
discrepancy could be (1) that the steep topography associated with some instrument
locations results in the underestimation of the true errors, since a small change in position
corresponds to a large change in depth (for instance, a 1 km shift in longitude would
correspond to over a 500 m increase in depth for OBS 33); (2) offsets in latitude and/or
longitude of the Sea Beam map, which result from the merging of several bathymetric data
sets collected principally by Transit satellite fixes and dead reckoning; although the mean
lateral shift in swaths was 200 m, shifts of up to 1.5 km were used (R. Pockalny, pers.
comm., 1988); (3) uncertainties in the identification of the water wave arrival on the OBSs
may have led to inaccuracies in the instrument depth determination; previous experiments
have observed a consistent bias (locating to deeper depths) when using the ocean bottom
seismometer vertical channel to read the water wave arrival; (4) systematic errors in travel
times to a particular instrument may be present; and (5) vertical or lateral velocity variations
in the water column may be present; use instead of the Matthews Tables [1939] sounding
velocity for 26°N, 45°W shows only a 10 my/s difference in velocity compared with the
CTD estimate from 24°N, a difference which is much smaller than the 60 m/s increase
required for a 150 m increase in depth. Because station delays are determined prior to
earthquake location, the uncertainty in instrument depths should not affect hypocentral
locations.

HYPOCENTRAL LOCATION

The hypoceniral parameters were determined using the HYPOINVERSE computer
program [Klein, 1978] which solves the non-linear hypocentral estimation problem through
linear approximation and iteration until convergence. The algorithm performs a singular
value decomposition of the travel time partial derivative matrix with respect to latitude,
longitude, depth, and origin time, and then determines the generalized inverse. As a resuilt,
quantifiable error estimates that take into account the uncertainties in the travel times can be
determined from the calculation of the resolution and covariance matrices; parameter
adjustments in poorly-constrained directions are damped between iterations to prevent
solutions and errors from becoming unstable. The program assumes a one-dimensional,
plane-layered velocity structure, and allows for the individual weighting of phases and
specification of individual trial hypocenters.



61

Arrival Time Data

Instrument clocks were corrected to Universal Time (UT) with the assumption of
linear drift rates. Individual clock offsets were less than 0.03 s, with drift rates ranging
from 0.002 - 0.033 s/day. The master clocks of both instrument types were rated relative
to WWY and found to be stable over the 3-week deployment period. The timing
incorporated a leap second on July 1, 1985.

Clear P wave arrival times on the OBHs and OBSs could often be read to within
0.02 s, and S wave arrivals on the OBSs to within 0.05 s (Figure 6). S waves were read
from unoriented horizontal seismometers on the OBSs; repicking of the SH phase on the
transverse horizontal seismometer for 21 events representative of the seismicity over the
deployment indicates that the average difference between the two picks (SH versus earliest
S on the two unoriented channels) is about 0.07 s, though differences of up to 0.2 s were
observed. We will see below that for well-recorded events picking errors of this magnitude
do not bias the estimate of the hypocenter. Individual phases were assigned relative
weights of 1, 0.75, 0.50, and 0.25, corresponding to picking errors of <0.02 s, 0.02 -
0.05 s, 0.05 - 0.10 s, and 0.10 - 0.25 s, respectively. To compensate for the greater
uncertainty in the S arrival time, but the greater importance of the phase in determining a
hypocenter, shear arrivals were further downweighted by a factor of 0.75 compared with
the P arrivals. Arrival times with large residuals (> 0.5 s), presumably associated with an
incorrect phase identification or a travel path through poorly-constrained portion of the
velocity model, were not used. The number of arrivals for individual events ranged from 4
to 11.

Because the addition of S wave information results in better-constrained
hypocentral estimates, especially for events outside the network, we investigated whether
later-arriving phases on the OBHs could be utilized. Initial examination of a number of
seismograms showed the common presence of a phase arriving at a time consistent with an
S wave which was converted to a P wave (SP) at the seafloor near the instrument (see
Figure 6a, OBHs 2-5; Figure 6b, OBHs 4,5). Comparison of predicted S - P travel times
with the observed SP - P time, however, revealed that this phase does not always arrive at
the S wave time expected for a constant Vp/V (Figure 7b). In contrast to the travel time
residuals (observed minus calculated S - P time) for OBS 31, which are small (0.06 £ 0.09
s), average residuals using SP phases picked on the OBHs are larger and exhibit much
scatter, ranging from 0.17 £ 0.16 s on OBH 5 to 0.38 £ 0.24 s on OBH 1. The larger
differential travel times for the OBHs could correspond to a converted P waves exiting the
subsurface at some distance from the instrument and propagating the remaining distance
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through the water column. The variability in the observed OBH SP - P times (i.e., not a
linear increase with range) may in part result from a locally heterogeneous velocity structure
near the seafloor.

Comparisons with data from other experiments recorded simultaneously by an OBS
and a hydrophone have also shown that the shear arrival observed on the horizontal could
not be consistently correlated with the arrival of a phase on the hydrophone channel [e.g.,
Francis et al., 1977; Rowlett and Forsyth, 1984]. We thus conclude that the phase
observed on the hydrophone does not generally correspond to an S-to-P conversion at the
seafloor beneath the OBH (though it may in some instances), and consequently that shear
wave arrivals cannot be confidently picked on the hydrophone with sufficient accuracy to
warrant their use in hypocentral estimation.

Station delays were initially calculated by referencing the instrument to a common
datum of 3.3 km below sea level. The initial delay was taken to be, t = Ah /v, where Ah is
the difference between the insttument depth and the reference datum and v is the average P
wave velocity within the upper crust (6.5 kin/s); this term represents the travel time residual
due to the presence or absence of crustal material between the staton and the datum. In
order to account for crustal heterogeneitics beneath the receiver, in addition to uncertainties
and differences in receiver elevation with respect to the datum, final station corrections are
determined iteratively by locating 19 well-recorded events (all with at least one S time) and
adjusting the delays until the mean travel time residual for each instrument was close to
zero. This calculation resulted in an average epicentral shift of 1 ki and a 50% reduction
in the mean travel time residual. Station corrections ranged from -0.08 s to +0.10 s (Figure
8). The effect of S wave arrival ime reading errors (from picking the S phase on the
transverse horizontal channel as opposed to the earliest S phase on an unoriented horizontal
seismometer, which arrived on average (.07 s earlier) on the calculation of station
corrections was estimated for 21 events, all with at least one S wave arrival; absolute
changes in station corrections were no greater than 0.01 s. Generally smaller delays are
associated with inner floor instruments, implying larger travel times (or lower velocities)
for paths to stations situated at greater seafloor depths; however, the observed variability
implies that marked crustal heterogeneity exists. The smallest delays are associated with
OBHs 2 and 4, which were located within the low magnetization region [Tivey et al.,
1989a] and near the active vent field (OBH 2).

In computing the covariance matrix, HYPOINVERSE utilizes a user-specified
"picking error” which encompasses the total error introduced during the playback and
picking of phases, correction of clocks to UT, instrument relocation, and station delay
calculation. On the assumption that errors are uncorrelated, the total estimated error, or
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"picking error", was 0.05 s. The a posteriori determination of the mean rms travel time
residuals for the 105 best-located events (with focal depth resolved) was 0.02 £ 0.01 s.
This value is much less than the picking error (0.05 s) because of the small number of
degrees of freedom in many hypocentral estimates and implies that the true errors are
greater than the formal errors given by HYPOINVERSE.

One-dimensional Crustal Velocity Structure

Along the Mid-Atlantic Ridge, only a few refraction studies have been conducted
within the median valley [Whitmarsh, 1975; Fowler, 1976, 1978; Fowler and Keen, 1979;
Bunch and Kennett, 1980; Purdy and Detrick, 1986]. In an analysis of travel time
residuals from refraction lines across the median valley at 37°N, Whitmarsh [1975] found a
2-3 km wide axial region characterized by anomalously low layer-2 velocities and
widespread lower velocities in layer 3. From travel time data and waveform modelling of
additional data, Fowler [1976] proposed that the MAR inner floor at 37°N is characterized
by a 3-km-thick crust underlain by anomalously low upper mantle velocities, and that the
crust thickens to 6-7 km within 10 km of the ridge axis. The structure at 45°N obtained
from synthetic seismogram modelling is similar to that at 37°N, and includes a high velocity
layer 3B to the west of the ridge axis [Fowler and Keen, 1979] and an anomalously low
upper mantle velocity at ~6 km depth beneath the axis, with normal mantle evolving within
a few million years to the east of median valley [Fowler, 1978]. No evidence for a sizeable
low velocity zone beneath the inner floor was found at 37°N or at 45°N. Bunch and
Kennett [1980] documented a small velocity inversion (6.8 to 6.6 kmy/s) at 4 km depth on
the Reykjanes Ridge at 60°N from the analysis of a reversed refraction line. In the most
complete and best-constrained median valley seismic study to date, Purdy and Detrick
[1986] found the structure at 23°N to be homogeneous over tens of kilometers and typical
of simple, mature ocean crust. They observed no evidence for a magma chamber, but they
did detect a zone of slightly lower layer-3 velocities beneath the along-axis high, which
they interpreted as the seismic remnants of the most recent magmatic pulse along the 120-
km-long section of the ridge sampled by the refraction line.

On the strength of the well-constrained 23°N experiment, we adopted as our
preferred model a plane-layered compressional velocity structure derived from the Purdy
and Detrick [1986)] results (Figure 9). The use of this 1D structure, which was also used to
locate microearthquakes at 23°N [Toomey et al., 1985, 1988], facilitates the direct
comparison of seismicity and tectonism between these studies. It is clear, however, from
the analysis of the travel time and amplitude data from the refraction line also collected at
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26°N (Chapter 4) that the crustal structure is not laterally homogeneous. In a later section,
we evaluate the adequacy of the 1D model, with station corrections, by examining the effect
of a 2D structure (Figure 9) on the earthquake locations and fauit plane solutions. We will
show that the distribution of epicenters and nature of faulting remain essentially unchanged
{but the absolute depths are dependent on the velocity model). We will conclude that, for
well-recorded earthquakes, the 1D model with station corrections can satisfactorily account
for known lateral heterogeneity.

In order to constrain the shear wave velocity structure, we have utilized the
technique of Francis [1976] to examine the average Vp/V; ratio within the crust. A least
squares fit to six differential § - P wave arrival times results in a Vp/Vgratio of 1.84 +
0.07 (Figure 7a); the data sample the crust and upper mantle over a 5 - 40 ki range. While
the ratio is consistent with laboratory results indicating Vp/Vgratios of 1.81 - 1.91
(Poisson's ratio of 0,28 - 0.31) for crustal layers 2 and 3 [Hyndman, 1979], and within the
range of values (1.78 - 2.08) from previous MAR microearthquake studies [Francis et al.,
1977, Lilwall et al., 1977, 1978], the ratio at 26°N is not well-constrained and may vary
laterally and vertically throughout the region. The high Vp/V ratio of 2.08 £ 0.10
determined by Francis et al. [1977] for 37°N has been attributed to a highly porous upper
crust (due to high fissure and crack density), and could explain the low layer-2 velocities
observed by Whitmarsh [1975] in this area. With an increase in pressure these cracks
close, thereby decreasing the Vp/Vg ratio to average values (1.73 - 1.77) found elsewhere
along the Mid-Atlantic Ridge.

Starting Trial Parameters

A standard trial epicenter corresponding to the nearest station, with a trial origin
time of 2 s prior to the earliest arrival time and an initial focal depth of 5 km beneath the
datum (3.3 km below sea level), was used as the initial solution for HYPOINVERSE. To
avoid improper convergence of the algorithm on local minima, all events were located using
starting focal depths of 5, 8 and 10 km and the results were evaluated for consistency. In
most cases, the hypocenters for one starting depth were within the 95% confidence interval
of the others.

For events near or within the network for which solutions did not converge with
starting depths of 5, 8, and 10 km (a total of 32 events), we fixed the depth at a value
between 4 and 7 km equal to the average depth of nearby events. Some events northwest
of the network on the western wall, and northeast of the network on the eastern wall,
converge to the same solution (within 95% confidence Limits) from starting depths of 5 and
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8 km, but to an erroneously deep solution with a larger rms residual using a 10 km starting
depth; for these events, we used the solution with an initial depth of 5 km. Events far to
the north and south of the network (Figure 10), for which standard trial parameters gave
solutions showing large negative S wave travel time residuals and near-zero eigenvalues,
were located with a fixed focal depth of 8 km below the 3.3-km datum and a starting trial
epicenter for events to the south midway between the ISC locations for the two largest
teleseismically-determined earthquakes; events associated with the July 13, 1985, swarm
used a starting location given by the teleseismically-relocated hypocentroid (Chapter 5).
For events in the median valley to the north, two iterations for location were done, first
using the standard trial solution and second using the epicenter taken from the previous
iteration of HYPOINVERSE.

Solution Quality

Epicentral and depth resolution has been shown for a network of 3 or 4 stations
spaced 10 km apart to be best both within and just outside the network [Lilwall and
Francis, 1978; Duschenes et al., 1983]. Resolution degrades for events located farther
than about one focal depth in horizontal range from the nearest recording station. Of a total
of 189 earthquakes located, 105 were within or sufficiently near the network to allow their
focal depths to be independently resolved. Figure 11 shows a comparison of the rms travel
time residuals obtained for a series of locations at fixed depths for events within and far
outside the network; rms minima are clearly observed for well-recorded events (solid
symbols and lines), but depth is not resolvable for the earthquake far to the south (open
symbols and dashed line).

An estimate of the uncertainties in the earthquake hypocenter can be obtained from
the calculated hypocenter error ellipsoid. In Table 2, the 1-0 vertical error (erz) represents
the largest value of the three semi-principal axes when projected onto a vertical line through
the hypocenter, and the 1-¢ horizontal error (erh) represents the largest value when the
error ellipsoid is projected onto a horizontal plane. 95% confidence error estimates were
calculated by multiplying erh by 2.45 (for a system with 2 degrees of freedom) and erz by
1.96 (for a system with one degree of freedom). Actual uncertainties may be about twice
the formal errors since the mean rms travel time residual (0.02 s) for the 105 events with
good depth resolution is artificially low due to the small number of degrees of freedom in
many hypocentral estimates, being about one-half the estimated error (0.05 s) in the reading
of arrival times. Figure 12 shows histograms summarizing the distribution of residuals and
errors for events with free and fixed focal depths.
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Dependence on § Wave Time, Vp/Vs Ratio, and 1D Velocity Model

A subset of 26 microearthquakes with at least one S wave arrival was used to
investigate the effect of errors in picking S amrival times (on an unoriented horizontal
channel versus on the rotated transverse component) and the dependence of the earthquake
location of the S§ wave observation; the events chosen are representative of the seismicity
during the deployment. As mentioned earlier, repicking of the § wave time after rotation of
the horizontal seismometers to radial and transverse components revealed up to 0.2 s
differences between the SH pick and that from the earliest S arrival on an unoriented
channel, Relocation of the events using the new SH arrival times, with station corrections
re-estimated beforehand, however, showed only small changes in hypocenter (less than
350 m average change in epicenter and depth, and less than 0.02 s in origin time). These
hypocentral changes are less than the estimated formal errors (Figure 12). We thus
conclude that the use of S wave arrival times picked from unoriented horizontal channels on
the OBSs does not result in biased estimates in hypocenter.

This subset of 26 earthquakes was also used to determine the importance of the S
wave observations for events within and near the network. Hypocenters determined with
only the P wave data were on average within 400 m in epicenter and depth of the locations
obtained with both P and S wave observations, implying that good hypocentral estimates of
well-recorded events can be obtained using only P wave data. These results also suggest
that an estimate of the error made in picking the S wave on unoriented horizontal
seismometers can be determined by examining the S wave travel time residual after
hypocentral location. For earthquakes recorded by OBS 31, we find that the residuals for
events within the inner floor range between 0.04 s and -0.10 s, which is consistent with the
time difference (mean of -0.07s) in the picks made on the oriented and unoriented
horizontal channels.

For 49 well-constrained events, each located with at least on¢ § wave arrival time,
we also investigated the effect of different 1D velocity structures on the resulting
hypocenters. The inclusion of S with P arrivals decreases the uncertainty in focal depth but
has little effect on the hypocenter itself (above). In order to test the influence of the shear
velocity structure on the resulting locations, we have relocated the events with Vi,/Vgratios
of 1.75 and 1.95. The value of the specific ratio results in hypocentral changes that are
smaller than the 95% error estimates for events within the network; average changes in
epicenter, depth, and origin time were 1 km, 0.5 km, and 0.11 s, respectively. For events
outside the array, the primary effect is to move the epicenters farther (Vp/Vs=1.75) or
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closer (Vp/Vs= 1.95) to the network; the magnitude of the shift increases with the distance
of the event to the nearest recording station. The maximum change was 3 km for
earthquakes south of the array.

The effect of the compressional velocity structure was tested by relocating the
events using a 1D velocity model determined for the Mid-Atlantic Ridge at 37°N [Fowler,
1976] and a Vp/V; ratio of 1.84; station delays were recalculated before earthquake
location. This model, which is characterized by a thinner crust and lesser upper mantle
velocities, results in poorly-resolved focal depths for events outside the network, but for
events within the network hypocentral changes are less than the 95% confidence estimates
(average epicenter, depth, and origin time changes of 0.5 km, 0.7 km, and 0.04 s);
although epicentral locations were insensitive to which was P wave model was used,
smaller formal errors in focal depths were obtained using the structure from 23°N. Hence,
we believe that the hypocentral parameters of the well-recorded events in this study are
independent of the specific 1D velocity model.

EPICENTRAL AND FOCAL DEPTH DISTRIBUTION

Hypocenters for 189 earthquakes (an average of 8.5 earthquakes/day, Figure 13)
occurring over a 23-day period are shown in Figure 10 and tabulated in Table 2. These
results show that there was a high level of activity beneath the median valley walls and
inner floor to the south of the along-axis depth minimum, but that no earthquakes occurred
immediately beneath the high-temperature hydrothermal field (Figures 3, 14). Figure 15
reveals that the focal depths of well-resolved events cluster between 3 and 7 km beneath the
seafloor, with shallower depths associated with events beneath the along-axis high (Figure
16). Shear wave arrivals were used to locate 85 of the 189 earthquakes. Well-constrained
hypocenters located with only P arrival time data have comparable depth distributions and
rms fits to the data but have slightly larger horizontal and vertical errors (0.89 £ 0.40 km
vs. 0.51 £ 0.22 km, 0.75 £ 0.40 vs 0.50 £ 0.10 km, respectively, Figure 12). The mean
rms residual for all events was 0.04 * 0.04 s; for 105 events with focal depth a free
variable the rms residual was 0.02 £ 0.01 s, and for 84 events with focal depth held fixed
the rms residual of 0.07 + 0.05 s (Table 3, Figure 12). Earthquakes (both with free and
fixed depth) located with S arrivals had a rms residual of 0.05 £ 0.03 s and those located
with only P arrivals had an rms residual of 0.04 £ 0.05s. The average travel time residual
to all instruments for all events was 0.01 £ 0.18 s (n=1,111, Figure 12), with the residuals
for events with good focal depth resolution clustered tightly around zero (0.00 £ 0.06 s,
n=662).
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The earthquake activity can be grouped into seven regions (Figure 10): (1) 27
events occurring beneath the inner floor at the along-axis high (H); (2) 11 events located
beneath a local elliptical bathymetric high (volcano) at the ridge axis (V); (3) 15 events
associated with the along-axis inner floor depth maximum (D, seafloor depthis > 4.1 km);
(4) 28 events occurring beneath the steeper eastern valley wall (E); (5) 56 events associated
with the western inner floor/wall transition zone (W); (6) 15 events located to the south of
the network in the area of the July 1985 teleseismically observed earthquake swarm (S);
and (7) 18 events located to the north of the network (N). In general, no temporal
correlation in seismicity was observed, though several swarm sets (typically 2-4 events

within an hour} were located.
Inner Floor Seismicity

Microearthquake hypocenters for events occurring beneath the inner floor of the
megdian valley, defined nominally as events within 2 - 2.5 km of the ridge axis (seafloor
depths ~3.7 km at the along-axis high and depths > 4.1 km to the south, Figure 14), show
considerable variations in their spatial characters. In general, locatable activity defines an
approximately linear trend parallel to the N25°E trend of the ridge axis. The variation in
focal depth along the ridge axis from the seafloor depth minimum southward into the
deeper portions of the median valley is shown in Figure 17. From this figure, we can see
that the maximum depths of earthquakes beneath the inner floor appear to progressively
increase as seafloor depth increases. A series of cross-axis sections at the locations of the
along-axis high, volcano, and along-axis deep is shown in Figure 18.

Inner Floor at Along-axis High

The shaliowmost recorded activity occurred beneath the along-axis high region
(26°09'N) (Figure 17). Focal depths range from 2.2 to 5.8 km below the seafloor (Figure
16). Weli-resolved depths between 2.2 and 3.4 km were obtained for five earthquakes
(two at 26°09'N, average depth = 2.6 £ 0.5 km; a swarm of three to the south at 26°07'N,
average depth = 3.3 £ 0.2 km) using § wave arrival times. No locatable events occurred in
the immediate vicinity of the high-temperature hydrothermal vent field (Figure 3); the
closest events were located within the inner floor about 3.5 km to the southwest (July 1,
2341UT) and about 3 km to the southeast beneath the base of the eastern wall (July 10,
1325UT), at depths of 5.8 km and 5.2 km, respectively. 86% of the events with good
depth resolution were located at depths <£3.5 km.
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The profusion of earthquakes located only with P wave arrival times, events
recorded primarily by only those OBHs located within the median valley, suggests that a
comparatively large number of small earthquakes characterize the along-axis high area.
This is also supported by the larger numbers of events that were detected by OBHs 2 and 3
(1660 events, 74 events/day; 1496 events, 70 events/day, respectively) located atop the
high than by OBHs 1 and 6 in the deeper portions of the median valley (1187 events, 56
events/day; 1323 events, 64 events/day, respectively),

Inner Floor at Ridge Axis Volcano

A cluster of 11 earthquakes, including a swarm of seven events within 1.5 hours
(July 10, 0212UT - 0333UT, average depth = 5.5 + 1.0 km), occurred almost directly
beneath the ridge-axis volcano (Figures 3). Six of the swarm events (with epicenters <
1km in horizontal range from OBH 1) have well-resolved focal depths between 5.5 and 5.9
km below the seafloor, and 9 of 10 events (one event was located with a fixed focal depth)
have depths from 4.8 to 6.7 km (Figures 17, 18b). The similarity of the waveforms and S
- P times of two other events recorded by OBS 33 within the swarm time period, as well as
a peak in the total number of events recorded per day on OBH 1 (Figure 5, day 15),
suggest that the located earthquakes are but a small part of the swarm population.

Inner Floor at Along-axis Deep

Earthquakes located south of 26°05'N in the along-axis deep define a linear trend
approximately parallel to the N25°E trend of the median valley (Figure 14). Focal depths
average 5.4 + 1.0 km, and range from 3.7 to 7.3 km below the seafloor (Figures 16, 17,
18c). The focal depths for the three shallowest events located farthest to the south (Figure
17) are not reliable and were excluded from the average estimate because both are located
outside the network and have spuriously small vertical errors compared with errors for

closer events.
Eastern and Western Wall Seismicity
Considerable activity, defining trends generally parallel to the ridge axis, is

associated with both median valley walls adjacent to the along-axis high (Figure 14). Focal
depths range from 3.5 to 6.8 km below the seafloor.
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Eastern Wall

Along the eastern wall within the network (Figure 14), the 12 well-constrained
events adjacent to the along-axis high have focal depths from 4.4 to 6.2 km (Figure 18a,
b), and two events near OBS 33 (July 10, 1904UT; July 16, 0456UT) have depths of 5.8
and 6.3 km (Figure 18c). Earthquake hypocenters do not appear to define a single fault
plane with depth. Although significant topographic relief is present so that no one plane-
layered structure is adequate, we believe that these events are well-resolved because they
occurred within the network and appropriate station corrections have been applied, Of the
10 other earthquakes to the north of the network along the eastern wall, only four have
depths that can be independently constrained. Changes in the local velocity structure in this
area outside the network and north of the along-axis high may be the cause of the poor
resolution of focal depth.

Western Inner Floor { Wall Transition

The most active region during the 3-week deployment was on the western portion
of the inner floor and beneath the adjacent walls. Of the 56 events within this region, good
focal depth resolution was obtained for 40 earthquakes, including 17 events located with an
S arrival. Events along the gentler sloping western wall in the along-axis high region were
primarily located within 5 km of OBH 3 (instrument at high, x=10 km, Figure 18a), and
have depths of 3.5 to 5.7 km. Those closer than 3.5 km to the ridge axis appear to have
occurred at shallower depths (4.0 £ 0.3 km) than those farther away (4.8 1 0.4 km)
(Figure 18a). Three events (July 6, 1029UT; July 7, 1723UT; July 8, 1503UT) were
located at distances more than 2 km greater than their estimated focal depths, and their
depths therefore have large uncertainties.

EARTHQUAKE LOCATION BY RMS GRID SEARCH

The determination of earthquake locations and the construction of error ellipsoids
from the rotated covariance matrix in HYPOINVERSE can give misleading results,
especially with the use of sparse seismic networks in regions with locally heterogeneous
velocity. In order to investigate whether the non-linearity is severe, we have used an rms
travel-time-residual, grid-search technique [Rowlett and Forsyth, 1984] to determine
earthquake hypocenters and rms residual confidence maps showing more realistic patterns
of the true error volume (Figure 19). Rms residuals, weighted by the quality of the arrival
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time readings as used in the HYPOINVERSE locations, are calculated at 1 km intervals in
latitude and longitude for a 30 x 30 horizontal grid at eight depth levels (1 to 8 km at 1-km
intervals) using the plane-layered model adopted in the previous section. Station
corrections are included to account for station elevation and uncertainties in velocity
structure and travel times. The best estimate of the hypocenter corresponds to the location
of the smallest rms travel time residual in the grid volume.

Comparison of hypocentral parameters estimated by the inversion of the travel time
data, with those determined by the rms grid-search method show that most epicenters and
depths differ by less than the grid spacing (1.1 £ 0.8 km and 0.7 £ 0.6 km respectively,
Figure 20). Figure 19 shows an example of the distribution of rms residuals for two
earthquakes using first the observed arrival time data and then noise-free, synthetic data
calculated by assuming the HYPOINVERSE hypocenter. The virtually identical locations
of the rms minima, as well as the general agreement between the orientations of the residual
contours and the HYPOINVERSE error elipse, demonstrate that the two methods are
providing equally acceptable solutions. Because the network is fairly regular in instrument
spacing, and iteratively-estimated station corrections have been used to account for travel
time anomalies beneath the instruments, we conclude that problems with non-linearity in
the estimation of realistic error ellipses appear to be negligible.

Location uncertainties can be estimated by considering confidence contours of the
rms residual, though the statistically-estimated level of confidence lacks a true physical
correspondence [Rowlett and Forsyth, 1984]. The residual associated with the Y% contour
can be written as

Ry= Ry |1+ (L) F(NM-N.1 - TEE)];_

where Ry is the minimum weighted rms residual within the grid, N is the number of free
parameters, M is the number of observations, and F follows the F distribution.
Statistically, we can write the expected value for Ry for N parameters and M
observations as [(M-N) / N]1/2, but this appears to give 95% confidence contours that are
too large (+ 7 km for Rgsq, = 0.17 s, event June 27, 0758UT in Figure 19) since
instrument spacing (~5 km) would be less than the estimated error. We therefore take Ry
to be the minimum calculated rms residual from the forward modelling when we compute
the estimated error in the hypocenter.

The use of a probability representation of the error has the advantage of permitting
both the seismicity and associated error to be quantitatively described by a single parameter
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[Rowlett and Forsyth, 1984; Cessaro and Hussong, 1986]. By simply assigning a
probability of occurrence per unit area, based on the 50% and 95% confidence levels for
the rms residual (0, 0.50, or 0.95 depending on whether the grid space lies outside, or
within the 50% or 95% contour), and then summing over all grid squares, we can
graphically contour the level of seismicity taking into account the magnitude of error
associated with the travel time data, station geometry, and crustal structure. Figure 21
shows the epicentral distribution for our experiment calculated for a fixed focal depth of 5
km using only events with more than 5 observations. The contours represent values of the
summed probability for each non-zero grid square normalized by the total probability for
the area. A comparison with the distribution of grid search and HYPOINVERSE
epicenters shows that values of the summed probability > 7.4, describing regions with
0.05 events/km?, correspond to regions with well-resolved hypocenters or high levels of
activity, and conversely, areas with values between 2 (0.01 events/km?) and 7.4 are
regions in which a lower level of seismicity is present, or resolution of hypocentral

parameters is poor.
EFFECT OF CRUSTAL HETEROGENEITY ON HYPOCENTERS

In order to assess the adequacy of using a 1D velocity model with iteratively-
determined station corrections to estimate hypocenters, we have relocated all well-resolved
earthquakes using a 2D velocity structure derived in Chapter 4. Our primary goal is to
evaluate whether the patterns of seismicity during the experiment, particularly the
apparently shallower focal depths beneath the along-axis high and the lack of recorded
earthquakes beneath the hydrothermal field, are robust with respect to uncertainties in
crustal structure.

The model we use is derived from the tomographic inversion of travel time
residuals from 32 shots and 57 earthquakes to seven instruments and encompasses the
median valley from the along-axis high southward to the deep (Chapter 4). Velocity is
parameterized at three nodal columns along axis (high, volcano, deep); in each column
velocity is specified at depths of 0, 1, 3, and 5 km below a 3.6 km datum. The major
features of this model (Figures 9, 22) are (1) significantly higher velocities within the
shallowmost crust beneath the volcano and along-axis high region than beneath the deep,
where low seafloor velocities characteristic of young oceanic crust are observed; (2) a
decrease in velocity by more than 1.5 km/s from 3 to 5 km depth beneath the ridge-axis
volcano; and (3) a complete crustal section (including a Moho) constrained only for the
crust beneath the deep, where a crustal thickness of ~5 km is observed. Because some
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events occur at depths greater than 5 km beneath the inner floor high and valley walls
where velocities are unconstrained, we consider two simple models: one in which
velocities in the halfspace below 5 km jump discontinuously to 8.33 km/s beneath the
volcano and high (model A), and a second in which velocities at 5 km are extended to depth
(model B). Hypocenters located with these models should thus represent the two extremes
of mislocation since we expect that velocities likely increase with depth below the volcano
and high, but a step increase to mantle velocities is not probable. Use of model A results
in minimum and model B in maximum changes in focal depth, or later and earlier origin
times, respectively, for events greater than 5 km in depth. In addition, we assume that the
median valley velocity structure extends beneath the eastern wall. Errors in the travel times
and hypocenters of this approximation, which we know to be untrue from the comparison
of P wave travel times from shots to instruments in the median valley and atop the eastern
wall, are minor since typically only one or two arrival times are affected for the median
valley events (our primary focus), and the travel time increase is probably at most only
~0.2 s for ranges up to 15 km (Chapter 4); relocation of several earthquakes in which P
wave travel times to OBH 5 and OBS 31, located on the crest of the wall furthest from the
ridge axis, are increased 0.2 s (0.35 for S wave times) results in epicentral and depth
changes (< 1 km) that are within the 95% confidence limits of the hypocenters obtained
with models A and B.

The method we use to invert the P and S wave travel times for hypocenter employs
a generalized inverse method and involves the singular value decomposition of the
hypocentral partial derivative matrix. The program utilizes an algorithm and weighting
scheme similar to that of HYPOINVERSE. Quantitative estimates of the solution quality
are obtained from the covariance matrix, and the simplified horizontal (erh) and vertical
(erz) errors, as defined by HYPOINVERSE, are determined so that results are directly
comparable. Travel times were calculated using a computationally-efficient, approximate
ray tracer [Thurber, 1981] for a velocity structure parameterized by a set of grid points
arbitrarily spaced in the x, y, and z directions; the velocity at any point along the ray path is
determined by the linear average of the eight surrounding nodes weighted by the point’s
proximity to the node. S wave travel times were calculated using a Vp/V; ratio of 1.84, as
determined earlier. Station corrections were not used since travel times are computed with
respect to the instrument’s elevation above the datum and for a laterally-varying structure.

The changes in epicenter and depth upon relocation of the 105 earthquakes with
good focal depth resolution using the 2D structure are shown for models A and B in
Figures 23 and 24. In general, the patterns of seismicity remain unaltered, implying that a
one-dimensional structure which includes station corrections provides an adequate measure
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of the hypocentral distribution of well-recorded earthquakes at 26°N. Figures 23 and 24
show that the seismicity can still be characterized according to source location (as was done
in Figures 10, 16, 17, and 18). Most importantly, from the examination of the along-axis
depth distnbution (Figure 24, top panels), we conclude that the observation of an increase
in maximum focal depth with the deepening and widening of the median valley is
independent of the assumed structure, and from Figure 23 that the crust in the irnmediate
vicinity of the hydrothermal area remains free of activity. Note also that although these
general patterns of seismicity are robust, the absolute depths of the events are dependent on
the structure. Variations in structure with distance from the ridge axis, which are not
accounted for by the 2D along-axis model, result in hypocentral biases for events on the
periphery of the network and beneath the eastern wall, A consistent translation in
hypocenters can be expected for events on the periphery of the network since azimuthal
coverage is incompiete. Because the 2D model contains regions of higher velocities than
the 1D structure, the translation of events beneath the western median valley is toward the
network. Well-recorded events beneath the eastern wall are also translated eastward toward
the wall-deployed instruments. This shift is likely not real, but arises because the true
crustal velocities (as suggested by the travel times from shots to instruments on the wall,
Chapter 4, and those used in the 1D model) are lower than those used in this 2D model.
The average change in epicenter and focal depth using models A and B was 1.7
1.0 km and 1.6 # 0.7 km (both eastward), and 0.1 + 1.1 km (shallower) and -1.21 + 1.6
km (deeper), respectively (Table 3). These changes are comparable to the 95% confidence
errors in horizontal and vertical position from the solutions obtained with the 1D model.
The average change in origin time was 0.2 + 0.2 s (earlier) and 0.0 + 0.2 s using models A
and B, respectively. Since most of the events are located within the upper 5 km of crust,
hypocenters using models A and B are determined by the same crustal structure (generally
higher velocity than that at 23°N, Figure 9) and result in increases in focal depth (with
origin time unchanged, model B) or earlier origin times (with depth unchanged, model A).
For earthquakes below 5 km, simple calculations show the percentage of travel time
contributed by rays travelling within the half-space to be small (10-20% for a 6-km deep
event 12 km from the receiver). The hypocentral differences illustrate the tradeoff between
origin time and focal depth implicit in the algorithm for locating earthquakes; in our
experiment, a 0.2-s change in origin time maps into a 1.2 km change in focal depth.
Closer examination of the median valley hypocentral distribution reveals that the
largest changes in earthquake depth occur beneath the along-axis deep (1.6 - 1.8 km deeper
for the 2D models, Table 4, Figure 24); in this region, velocities are greater than those
assumed in the 1D model. Overall, the cluster beneath the ridge axis volcano remains, but
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it moves ~1 km to the east and ~500 m deeper (using model B, Figure 24b). Events near
the western inner floor-wall transition show the largest change in epicenter, a 2-km eastern
shift toward the network and inner floor (Figures 23, 24). Events beneath the eastern wall
move upward (Figure 24a, model A), which is opposite in sense to all other focal depth
changes. These observations result from our assumption that velocities within the inner
floor extend indefinitely off axis, which is not likely since travel times from shots within
the inner floor to instruments on the wall show measurable differences (Chapter 4).

FOCAL MECHANISMS

Individual and composite double-couple focal mechanisms were constructed from
impulsive first motion observations of well-recorded events. The polarities of the OBHs
and the vertical components of the OBSs were determined from the water wave arrivals of
the closest ranging shots to the instruments. For OBH 5 and 8, both located on the valley
walls, the impulsive high-amplitude first motion water arrivals from shots centered within
the median valley were used since arrivals from the closest ranges shot "downslope” to the
instrument appeared to be contaminated by refracted energy. The angles of emergence and
azimuths from the source to the receivers determined by HYPOINVERSE were used to plot
the first motions on an equal-area projection of the lower focal hemisphere. Orthogonal
fault planes were determined by finding the best fitting set of nodal planes, judged visually,
which maximized the placement of small amplitude arrivals (“x” symbol in focal sphere
plots) near nodal planes and impulsive first motions centrally within compressional and
dilatational quadrants. Figure 25 shows the locations of events used in the construction of
selected composite fault plane solutions for the inner floor and flanking walls (Figures 26-
31); Table 5 gives the event times and nodal plane orientations for the composite
mechanisms.

Figure 32 summarizes the diversity of fault mechanisms derived from the
construction of double-couple fault plane solutions for spatially-clustered events. Beneath
the inner floor, normal faulting on near-vertical or sub-horizontal planes striking parallel to
the ridge axis is suggested. In addition, reverse or thrust faulting appears to be associated
with a swarm of events beneath the axial volcano. A number of inconsistent first motions,
presumably due to a 90° phase shift at a reflecting boundary within the crust, however,
attest to the complexity of the inner floor faulting. In a later section, we will demonstrate
that these fault plane solutions appear to be robust with respect to uncertainties in the
velocity structure.
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Inner Floor

Composite focal mechanisms for three groups of events (H1, H2, H3) within the
inner floor near the along-axis high indicate faulting along steeply dipping, or sub-
horizontal, planes trending approximately parallel, N12°E to N35°E, to the median valley
(Figure 26). Although most arrivals are dilatations, impulsive dilatational first motions
located centrally on the focal sphere (see for example H2, OBHs 2 and 3), coupled with
compressional arrivals at the periphery, suggest that a near-vertical and sub-horizontal set
of focal planes is appropriate. Later analysis of the effects on the takeoff angle and azimuth
of a two-dimensional structure shows that the nodal plane orientations are reasonably well-
constrained with respect to variations in structure.

Focal mechanism solutions for eight events beneath the volcano can be divided into
two groups, with the difference resulting from a phase reversal for arrivals at OBH 2,
situated near the active, high-temperature hydrothermal vents (Figure 27). Compressional
arrivals at OBH 1 rule out normal faulting mechanisms. Four events can be fit with a
reverse faulting mechanism (V1), with planes trending N28°E, parallel to the ridge. In
constrast, because arrivals to OBH 2 are dilatational instead of compressional, we cannot fit
any double couple mechanism to the other four events (V2). However, if we ignore the
OBH 2 observations, two of which have small amplitude first motions, then the same
thrust mechanism can be fit to these events.

In the along-axis deep, although good azimuthal coverage exists, there is
uncertainty as to whether reverse faulting or normal faulting on either near-vertical or sub-
horizontal planes characterizes the region (Figure 28, D1, D2). Compressional arrivals at
OBHs 1 and 6 preclude a conventional normal faulting mechanism. Construction of
composite and single event mechanisms for other events in this region also result in non-
unique sets of nodal planes. Consideration of ray incidence angles using a heterogeneous
velocity structure (below) does not resolve the ambiguity in the faulting mechanism.

Eastern and Western Valley Walls

Two composite focal mechanism solutions (Figure 29, E1, E2) are consistent with
normal faulting beneath the eastern valley wall. For three events within 2 km of each other
at the base of the eastern wall near OBH 2 (depths of 4.5 and 5.2 km, E2), the preferred
mechanism is consistent with normal faulting along a plane dipping ~50° towards the valley
and striking N53°E. Similarly, normal faulting along a plane striking N42°E and dipping
60° to the NW characterizes three other events at the base of the eastern wall (Figure 29,
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E1), but a reverse faulting mechanism cannot be excluded by the avialable data. For the
normal faulting mechanisms, the strikes of both sets of focal planes are subparallel to the
local trend of the eastern wall.

First motion observations for earthquakes beneath the western portions of the inner
floor and adjacent wall near the along-axis high are consistent with normal faulting (Figure
30). The profusion of consistent, unambiguous first motion data suggests a common
mechanism for large subsets of the events from this area (W1). On the western portion of
the inner floor along-axis high, two sets of fault planes can be fit equally well to the first
motion observations (W2, W3). The north-south striking planes, rather that those trending
northwest-southeast, are preferred because of their consistency with the trend of the
seismicity. For all three composite mechanisms, we suggest that it is the high-angle plane
dipping toward the axis, rather than the low-angle plane dipping away, that is the actual
fault plane for these events. The limited azimuthal coverage and the lack of knowledge
about the local velocity structure specific to the earthquake source area, however,
contributes to an uncertainty in the ray takeoff angles, and thus in nodal plane orientations,
that is larger than for events within the network.

The close similarities in the first motion data for earthquakes at the western
wall/inner floor transition zone (Figure 30, W1, and possibly W2 and W3) with fault plane
solutions for inner floor events at the along-axis high (Figure 26, H1, H2, H3) suggests a
consistent faulting mechanism (normal faulting along planes dipping steeply toward the
valley) for earthquakes beneath the median valley in the along-axis high region. In
contrast, normal faulting along moderately dipping planes striking N50°E (Figure 31, WD)
is suggested by a composite solution for three events at the base of the western valley wall
in the region of the along-axis depth maximum (26°04'N, 44°54'W).

EFFECT OF CRUSTAL HETEROGENEITY ON FOCAL MECHANISMS

To evaluate the effect of earthquake mislocation on the focal mechanism solutions
for the major groups of activity, we have determined changes in the positions of first
motion observations on the focal sphere when the earthquakes are relocated with 2D
models A and B. Note that our test models represent extremes bracketing the probable
structure at depths greater than 5 km, and thus the probable magnitude and sense of change
lies somewhere between those obtained with these models. In addition, in order to evaluate
more easily the robustness of each fault plane solution, we have also plotted along with the
relocated data the preferred set of nodal planes determined from the locations and ray
parameters obtained with the 1D structure.



78

The reanalysis of the first motion data with a 2D structure results in no major
changes in the nature of faulting (Figures 33;37). The eastward and downward
translations of the hypocenters do cause the first motion observations to move to the east
and toward the center of the focal sphere, resulting in most cases only in changes in fault
dip (= 20°), but the type of faulting (normal, reverse) appears robust because the locations
of diagnostic first motion observations (dilatational or compressional first arrivals to
instruments located above the sources) do not change substantially.

Exarnination of Figures 33-37 reveals that no change in either the type of double-
couple mechanism or in the orientations of the nodal planes is required for first motion data
mapped onto the focal sphere with 2D model A (8.33 kin/s velocity within the halfspace
below 5 km). This is because the changes in focal depth (Figure 24a), which influence the
steepness of the ray takeoff angle from the source, are small. Although the mapping of
first motion data from earthquakes beneath the western median valley and walls to OBHs 1,
2, and 3 show translations of up to 30° to the southeast (Figures 33, 37), the sense of
movement serves only to confirm that the mechanisms are characterized by normal faulting
(dilatational arrivals are now more centrally located within the focal sphere).

First motion observations for earthquakes located with 2D model B, characterized
by slower velocities beneath the volcano and high at depths of 5 km and greater, show
larger changes in their mapped positions due to the greater focal depths (Figure 24b), but
these changes are still not sufficient to alter the type of faulting inferred from the solutions
obtained with the 1D model. A shoaling in the dip of the high-angle nodal planes by ~20°
for mechanisms beneath the along-axis high (Figure 33) and ridge-axis volcano (Figure 34)
is suggested, however, because of the eastward movement of the epicenters.

To summarize, in general we find that faulting beneath the along-axis high is
characterized by normal faulting along near-vertical, or sub-horizontal, planes striking
parallel to the ridge (Figure 33). Reverse or thrust faulting remains associated with the
swarm of events beneath the volcano, since compressional arrivals at OBH 1 move
insignificantly (Figure 34); a mechanism constructed using model B requires changes in
fault plane dip by ~20°. The type of faulting describing activity beneath the inner floor deep
remains ambiguous, although a compressional arrival at OBH 1 continues to rule out
normal faulting along moderately dipping planes (Figure 35); the larger uncertainties in the
hypocentral estimates (larger and more variable changes in hypocenter are seen upon
relocation, Figures 23, 24, Table 4) result in a number of inconsistent first motions, and as
a consequence we cannot confidently fit a pair of orthogonal nodal planes to the data.

Faulting beneath the eastern wall is also still consistent with normal faulting (Figure
36), but the orientations of the nodal planes are not well-constrained because only one set
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of compressional arrivals is observed (OBH 5). On the basis of the consistency among
composite mechanisms constructed for events beneath the eastern wall, we believe that
normal faulting characterizes this region. However, we note that these solutions lack the
conclusive evidence (clear dilatational arrivals located centrally within the foca! sphere) to
establish this inference firmly.

Although the events beneath the western wall / inner floor transition lie outside the
network, and are thus susceptible to location biases resulting from the limited azimuthal
range of the arrival time data, the observation of dilatational arrivals near the center of the
focal sphere (OBHs 1, 2, 3 in Figure 37a; OBH 3 in Figure 37b) strongly suggests normal
faulting beneath this region. However, the orientations of the nodal planes for mechanisms
W2 (and also W3) remain uncertain. The similarity in mechansims for events in Figure 37
with those characterizing the inner floor (Figure 33) suggests that all of these events reflect
normal faulting along relatively high-angle inward-facing, or near-horizontal outward-
facing, planes. The first motion data using model A (Figure 37a) can be better fit with a
high-angle nodal plane that dips less steeply by perhaps 10°.

EARTHQUAKE SOURCE PARAMETERS

Estimates of the seismic moment My, source radius r, average fault slip u, and
average stress drop Ao, using the seismic source theory of Brune [1970, 1971] were
calculated from the low-frequency spectral level £, and comner frequency f, read from OBS
and OBH amplitude spectra. Hanks and Wyss [1972] have shown in a comparison of
source parameters determined from teleseismic P and S wave data and field observations
that the Brune model spectra can be used to obtain reliable estimates for these quantities
from P waveforms. b-values describing the size distribution of microearthquakes were
determined from the seismic moments of well-constrained events within or near the

network.
Low-frequency Spectral Level and Corner Frequency

Displacement spectra for P and S waves recorded on the vertical seismometer by
OBSs 31 and 33, both of which showed good coupling characteristics to the seafloor, were
calculated by correcting for instrument response and waveform attenuation following Trehu
and Solomon [1983]. Computation of OBH water displacement spectra, accomplished by
correcting for instrument response and attenuation and assuming P waves incident as plane
waves at the seafloor, followed Toomey et al. [1988]. The P and S spectra were calculated
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using 1- and 2-s time windows starting at 0.1 and 0.2 s before the phase arrival time,
respectively. No dependence of f, on slant range from the source to receiver, and no
difference between estimates from P and S waveforms, was observed, suggesting that the
assumption of a constant attenuation factor (Qp = Qg = 500) is adequate. To minimize the
Q uncertainty however, we picked f; only on the instrument closest to the source (OBHs 1,
2, or 6), since the high-frequency content is maximized for closer instruments. An
example of the amplitude specirum for an event recorded by OBH 2, along with the €, and
f, estimates, is shown in Figure 38. Average £, values could usually be picked to within a
factor of 2 to 3 for the 26°N data. The far-field displacement spectra show properties
typically predicted by earthquake rupture models [e.g., Aki, 1966; Haskell, 1969; Brune,
1970], with amplitudes which are constant at low frequencies (< f,) and decay at f2 at
higher frequencies (> f,); fo was picked as the frequency corresponding to the intersection
of the £, level and the line with a slope of £-2 at higher frequencies.

events within the network was observed.

Seismic Moments

In order to investigate possible correlations with earthquake location (high, deep,
volcano, valley walls) and/or instrument, and to obtain the best estimate, through
averaging, of the earthquake size for each event, we examined spectra for all earthquakes
recorded on OBHs 1, 2, and 6, and for all earthquakes located with an S arrival recorded
on OBHs 3 and 5, in addition to P and S spectra on OBSs 31 and 33. This resultedin a
very large data set (492 M,, estimates) describing 170 earthquakes.

Seismic moments were calculated from the formula [Brune, 1970, 1971]

_4an3xQo

M
° KR

where p and V are the density and wave velocity at the source, respectively, x is the
distance from the source to the receiver, and £, is the low frequency spectral amplitude.
The quantities p and V were taken to be average values for density (2.9) and velocity (Vp=
6.5 km/s, Vp/Vs = 1.84) within the crust. K, a correction factor for the interaction of a
plane wave at the seafloor [Ergin, 1952], was calculated for a typical range of incidence
angles (20° to 30°) using plausible velocities and densities logged from ODP Leg 106 and
109 drill cores at 23°N [Shipboard Scientific Party, 1988], and taken to be 1.6 and 0.8 for
P and S waves, respectively. R is the radiation pattern correction factor, varying from 0 to
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1, for an observation on a given instrument assuming a double-couple fault mechanism
[Aki and Richards, 1980). Because of the uncertainty in the precise orientations of the
nodal planes, we used general mechanisms which describe the nature of faulting associated
with each epicenter (normal or reverse faulting on steeply dipping (& = 70°) or moderately
dipping (8 = 50°) planes); the strike is constrained to be N25°E, parallel to the median
valley. Exceptions were events to the south of the array, which were assigned a normal
faulting mechanism (¢s = NO1°E, & = 46°, and A = 248°) based on the Harvard moment
tensor solution for the large earthquake at 1854UT on July 13, 1985 [Dziewonski et al.,
1986]; no correction (R = 1) was made for events to the north of the network since their
locations and mechanisms are poorly constrained, resulting in a minimum estimate of M.
Moments were not estimated from near-nodal records (R < 0.05).

In order to arrive at an objective estimate of the size of an event, especially in an
area of crustal heterogeneity, we calculate an average value for My, weighted by the quality
of the , estimate; weights of 1, 0.5, and 0.33, corresponding to reading errors of 0.2,
0.5, and 1.0 log units, respectively, were assigned to each £, pick. The number of data
for a single event ranged from 1 to 9. Although a few estimates for a single event differ by
more than a factor of 10, probably due to incorrect radiation pattern corrections, most Mg
estimates are within a factor of 3 to 5 of each other (Figure 39). Comparison of Mg
estimates using different instruments revealed no correlation with receiver, suggesting that
the best objective estimate of M, is obtained by taking an average.

Moments for 170 earthquakes ranged from 4 x 10 17 to 6 x 10 22 dyn cm, with
75% of the earthquakes between 2 x 10 18 and 6 x 10 19 dyn cm (Figure 40a, Table 6).
Examination of the earthquake size distribution by location (Figure 40b) showed that the
largest events were those to the south of the network, associated with the July 13, 1985,
teleseismically-recorded earthquake swarm. The figure also shows that moments for
earthquakes recorded only by the OBHs (P wave times only), of which the majority
occurred beneath the along-axis high and western wall (see also seismicity in Figures 3 and
14), to be generally smaller than those events recorded by OBS 31 atop of the eastern wall.
Comparison reveals also that no significant correlation of M, with source location for
events within the network was observed.

Source Dimension, Fault Slip, and Stress Drop

Using the Brune model we estimated a source dimension by calculating the radius
of an equivalent circular source from the formula
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where V is the P wave velocity at the source, f; is the comer frequency, and ¢ is a constant
equal to about (.2 [Saro and Hirasawa, 1973]1.

Several other source parameters were calculated from the estimates of Mg and r.
Brune [1970, 1971] derived the expression for the average stress drop Ac to be
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Also, M, can be related to the average slip across a fault by

where 1 is the shear modulus, and A is the fault area [Keilis-Borok, 1959; Aki, 1966],
here taken to be w2,

Source dimensions, stress drops, and fault slip magnitudes for 27 well-constrained
events (for which confident estimates of f, could be obtained) that were used in the
construction of focal mechansims (events in Figures 26-31), ranged from 0.1 - 0.3 km, 0.1
- 5 bar, and 0.02 - 0.4 mm, respectively (Table 6). Events beneath the inner floor at the
along-axis high and the western inner floor/wall transition tended to have smaller moments
(average 9.6 x 10 18 dyn cm) and were characterized by smaller stress drops (< 2 bar) and
fault displacements (< 0.2 mm) than were calculated for events beneath and near the
volcano, along-axis deep, and eastern wall (average 8.6 x 1019 dyn cm).

b-values

The distribution of events by seismic moment is shown by plotting the logarithmic
cumulative number N of earthquakes greater than Mg versus Mg for 136 earthquakes
located within or near the network. The slope of a linear fit to the data then yields the so-
called "b-value," described by the relation log N(Mg) = a - bM,. Higher b-values indicate
larger numbers of small events and fewer large ones; studies have suggested that high b-
values describe volcanic environments where small earthquakes may accompany the

‘injection of magma or result from thermal-contraction-induced cracking of a cooling
intrusion [Minakami, 1960; Scholz, 1968; Wyss, 1973; Brandsdottir and Einarsson, 1979;
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Foulger and Long, 1984]. For events within or near the network with Mg 2 10185 (so0 as
to avoid a bias resulting from incomplete sampling of small earthquakes), linear regression
gives a b-value of 1.02 + 0.08 (Figure 41a). Closer examination of b-values associated
with earthquakes in particular source regions indicates, however, a variation ranging from
0.6 to 1.5 (Figure 41b). Earthquakes beneath the inner floor depth minimum and adjacent
walls appear to be associated with higher b-values (H: 1.1 £0.1,n =27, W: 1.5%£0.1,n =
54; E: 1.2 £ 0.1, n = 28) than events beneath the deeper portions of the inner floor to the
south (V:0.9£0.1,n=11; D: 0.6 £ 0.1, n = 15). We believe the effect of earthquake
mislocation on Mg and b is likely to be minor overall because most events with measured
moments occurred within or near the network. Since a 1 km change in epicenter and focal
depth (such as might occur using the model B structure) results in a consistent increase in
M, (on average by a factor of 3 to 4), which is within the estimated error, we believe the b-
values estimated with the 1D model to be insensitive to earthquake mislocation.

DISCUSSION

The distribution of hypocenters and the diversity of fault types associated with
earthquakes beneath the inner floor and walls suggest a spatially variable tectonic state for
the ridge segment at 26°N. These variations are presumably a signature of the depth region
over which brittle failure occurs and are a consequence of along-axis changes in the thermal
structure and state of stress. In the following discussion we compare the observations
26°N with results of other microearthquake studies and attempt to place the seismic
observations in the context of a kinematic spreading cell model describing accretionary
variations in the vicinity of a ridge-crest hydrothermal field.

Fault Geometry

The observation of source mechanisms suggesting high-angle or sub-horizontal
faulting beneath the inner floor high at 26°N (Figure 32), as well as at 35°N [Murray et al.,
1984] and 45°N [Lilwall, 1980], implies that the geometry of faulting beneath portions of
the inner floor may be fundamentally different from that which describes earthquake
activity a few kilometers off-axis. Although normal faulting associated with the valley
walls may be responsible for the rift flank topography, microearthquakes within the inner
floor, especially beneath the along-axis high, may in contrast result from other processes,
including thermal stresses induced by the cooling of hot rock, or hydraulic fracture
(cracking) resulting from hydrothermal circulation or magma migration. The presence of an
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active high-temperature hydrothermal field strongly suggests that thermal stresses may be
important, especially in the region of the along-axis high. The observation of dilatatibnal,
rather than compressive first motions (which would be expected for an expanding fluid-
filled crack, Chouet and Julian, 1985), to instruments atop the high suggests that fracture
induced by the recent intrusion of a sizeable magma body is unlikely, and the propagation
of shear waves across the median valley (e.g., Figure 42) also appears to preclude the
existence of a large zone of molten material.

When interpreted together with normal faulting at more conventional dip angles
beneath the eastern wall, near-horizontal fault planes beneath the central inner floor might
suggest listric faulting along fault planes which become less steep toward the ridge axis (to
the west). The presence of a shallow heat source, whose roof lies sub-parallel to the
seafloor, may produce horizontal slip near the brittle-ductile transition [Byerlee, 1968].
Alternatively, an interpretation of the mechanisms in terms of high-angle normal faulting
might suggest that faulting beneath the inner walls is at lower dip angles because of
subsequent rotation of fault biocks away from the axis during extension [Angelier and
Colletta, 1983]. The observation of back-tilted fault terraces with dip angles of up to 30°
atop the eastern wall [Karson and Rona, 1982, 1989} is permissive of both interpretations.
We lack an independent measure to ascertain which of these mechanisms is more likely.

The reverse fauit mechanisms of events beneath the ridge axis volcano at 26°06'N,
44°51.5'W (Figure 32) cannot be explained by extension along the ridge axis. These
mechanisms and aspects of the distribution of seismic activity, however, can be
qualitatively explained by the release of thermal stress formed by the juxtaposition of hot
and cool rock. In Figure 43, we superimpose the seismic structure determined in Chapter 4
on the along-axis profile of earthquake focal depths. The inferrred low velocity zone
beneath the volcano and the along-axis high (stippled area in Figure 43), based on the
seismic observations from this chapter and Chapter 4, is comparitively aseismic but is
limned by regions of high rates of seismicity. Tensional crack formation resulting from the
thermal contraction of a cooling intrusive body has been used to explain anomalous focal
solutions for small magnitude earthquakes beneath the Hengill geothermal field in Iceland
[Foulger and Long, 1984]. If we assume the most recent intrusion at 26°N occurred
laterally from the high (rather than by vertical ascent), then the lateral contraction upon
cooling would lead to tension cracking or normal faulting within the region of greatest
volume change but would put the overlying and underlying material (e.g., beneath the
volcano) under horizontal compression, leading to reverse faulting.

Microearthquake studies of active rifting and eruptive episodes in Iceland [Klein et
al., 1977, Brandsdottir and Einarsson, 1979], where subaerial mapping of fissures can
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often be used to infer a preferred fault plane, reveals a hypocentral distribution and range of
faulting characteristics broadly similar to the results from 26°N. During a deflation episode
of the Krafla volcano in 1977, Brandsdottir and Einarsson [1979] found hypocenters of
well-resolved events to cluster between 3- and 4-km depth near the top of the inferred
magma chamber [Einarsson, 1978]; composite fault plane solutions suggested normal or
reverse faulting along steeply dipping planes with fault plane strikes that were more
variable than suggested by the trends of surface fissures and faults. In a study of a large
earthquake swarm along the Reykjanes Peninsula in 1972, Klein et al. [1977)] document a
number of anomalous events near a region of low seismicity characterized by
nonorthogonal nodal planes. The mechanisms constructed for individual events have
reduced dilatational quadrants and were located very close to earthquakes described by
steeply-dipping normal faults, suggesting that either a non-double-couple seismic source
(such as from dike injection) or small-scale velocity heterogeneities were present. The
conclusions of both studies imply that earthquake swarm activity in association with active
tectonism and volcanism results in a diversity of faulting types because of the presence of a
locally variable thermal structure that is superimposed on an extensional environment
[Mogi, 1963]. By analogy, we note that a similar diversity of faulting types might also be
expected at 26°N, especially in the vicinity of the hydrothermal field where local variations
in pore pressure and rock strength are apt to be large.

Along-strike Variation in Focal Depth

The apparent deepening of microearthquake hypocenters southward from the along-
axis high into the deeper portions of the median valley compares similarly with the depth
distributions from two well-constrained microearthquake studies which were carried out
within a morphological along-axis depth maximum (23°N, [Toomey et al., 1985, 1988])
and minimum (35.3°N, [Murray et al., 1984]) (Figure 44). Microearthquakes beneath the
inner floor at 23°N were in general located between 4 and 8 km below the seafloor and
were characterized by normal faulting along planes dipping at 30° or more. This region is
characterized by a velocity structure and crustal thickness typical of normal young ocean
crust [Purdy and Detrick, 1986] and was interpreted by Toomey et al. [1985, 1988] as a
volcanically quiescent region that has experienced continuous extension without magmatic
intrusion for at least 10* years. In addition, b-values for earthquakes beneath the along-
axis deep in both this study and at 23°N are comparable (0.6 £ 0.1 and 0.8 £ 0.2,
respectively). On the basis of the similarity in focal depth distribution, b-values, and
velocity structure at 23°N with those observed beneath the deeper portions of the median
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valley at 26°N, we speculate that the crust beneath the inner floor deep at 26°N is presently
characterized by ongoing extension and lacks recent sizeable intrusions of magma.

Although two instruments were located less than 10 km from the along-axis depth
minimum during the experiment at 23°N, only one poorly-constrained event was located
there, suggesting a paucity of tectonic faulting beneath the along-axis high region. The
generally low activity during the experiment was consistent with the interpretation that this
region represented the locus of the most recent magmatic injection, as suggested by the
zone of lower layer-3 velocities found by Purdy and Detrick [1986]. From a
microearthquake survey centered about the inner floor, along-axis high near 35.3°N,
Murray et al. [1984] suggested a thinner seismogenic zone. The preferred composite fault
plane solution and hypocentral locations for a swarm of 11 events at 3-5 km depth indicated
high-angle or very low angle normal faulting, although reverse faunlting was possible. Both
the depth distribution and the type of faulting found at 35°N are similar to the inner floor
activity observed beneath the along-axis high at 26°N. These results suggest that along-
axis highs may be characterized by generally shallower seismic activity than along-axis
deeps. Such an inference is in accord with generally higher temperatures beneath the axial
highs. The maximum depth of earthquakes along axis likely marks the transition from
* brittle fracture to more ductile behavior; crust below this zone deforms aseismically at
ternperatures in excess of about 400°C [Chen and Molnar, 1985]. Substantiation of such a
working hypothesis will require much longer deployments and investigation of a number of
other ridge segments, however, since microearthquake observations over only a two- to
three-week period may not characterize the long-term behavior of the ridge.

In addition, the presence of an active, high-temperature, black-smoker field atop the
along-axis high at 26°N is an indicator that the thermal structure probably plays a major role
in determining the spatial distribution of hypocenters and thus the extent of brittle failure.
Along the faster-spreading East Pacific Rise (EPR), the general aseismicity and the shallow
depths inferred for the few locatable ridge-axis microearthquakes [Riedesel et al., 1982;
Lilwall et al., 1981] have been used as evidence supporting the existence of only a thin
brittle zone overlying the inferred magma chamber. From multichannel seismic profiling
[Detrick et al., 1987] and tomographic imaging [Burnett et al., 1989; Toomey et al., 1989]
of a zone of low velocities along the EPR between 9 and 13°N, this lid could be as thin as
1.5 km. Over a period of 3 weeks, Riedesel et al. [1982] reported the occurrence of only
11 small earthquakes (Mg~1017 dyn cm), with maximum depths of 2-3 km, located in the
vicinity of the black-smoker field at 21°N on the EPR. Along the MAR at 26°N, the lack of
seismic activity beneath the hydrothermal field, and the shallowness of the earthquake
activity beneath the along-axis high during our experiment, bears some resemblance to the
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observations on the EPR at 21°N. We interpret the volume lacking seismic activity beneath
the hydrothermal field at 26°N as a region of hot, unfractured rock which is predominantly
solid but may still possess small pockets of melt.

Hydrothermal Circulation at the Along-axis High

No clear consensus presently exists as to the maximum depth of hydrothermal
circulation along mid-ocean ridges, or the conduits along which the water travels or the
efficiency of cooling. The discrepancy between measured values of the conductive heat
flow at the ridge crest and those predicted by thermal models for the cooling of the oceanic
lithosphere imply that the contribution of hydrothermal convection to cooling is substantial.
In a numerical simulation of convective cooling at a slow-spreading ridge environment,
Fehn and Cathles [1979] found that the presence of high permeability zones, such as
created by faults and fissures, would greatly increase the rate at which hot rock cools.
Strens and Cann [1982, 1986] and Lowell and Rona [1985] have modelled the formation
of large sulfide bodies using upflow and downflow zones of faults and sets of fractures.
Large metallic sulfide bodies, such as might be found at 26°N [Rona et al., 1986], could
only be generated by the deep circulation of water through hot rock (not a magma chamber)
under a favorable geometry of fault-controlled conduits, or by the tapping of additional heat
from a magma body [Strens and Cann, 1986]. These studies suggest that the intensity of
high-temperature hydrothermal activity is a function of the ability of seawater to tap the heat
source beneath the seafloor, and that locations favorable for the efficient penetration of
water would be along faults. Their inferences are consistent with the occurrence of high-
temperature vent fields in conjunction with fissures along the East Pacific Rise [e.g.,
Hekinian et al., 1984; RISE Project Group, 1980] and Mid-Atlantic Ridge [Detrick et al.,
1986].

Analysis of oxygen isotope data from the Samail Ophiolite in Oman suggests that
two hydrothermal convective systems, each independent of the other, must have existed
during the time of crustal accretion [Gregory and Taylor, 1981]. The upper system was
characterized by high water / rock ratios (i.e., a large amount of water is required to
produce a given amount of the 8180 isotope) and operated with open seawater circulation
within the upper 3 km of the crust over the ridge-axis magma chamber, while the lower one
developed at the periphery of the chamber interacting with the layered gabbros at depth
under high temperatures (>400°C) and in a closed system (low water / rock ratios). The
two systems only come into contact at the edges of the chamber where solidified rock can
fracture, thereby permitting pathways for the interaction of 8180-depleted, deep water with
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8180-enriched, pillow lava water and formation of the intermediary waters describing the
mid-level sheeted dikes. The depletion of 5180 in the gabbros relative to 8180 values of
primary magmas, which can result from high-temperature hydrothermal alteration,
represents evidence that seawater penetrated to depths greater than 5 km into the § km
crustal section.

In the context of the high-temperature vent field at 26°N, we suggest that the
formation of the field near the base of the eastern wall is a direct consequence of water
movement along fault planes formed by the dip-slip faulting that characterizes
microearthquake activity beneath the wall (Figure 43b). The normal faults, which strike
subparallel to the ridge axis and dip at ~50° toward the inner floor, provide permeable
pathways along which heated water (perhaps > 400 °C according to Gregory and Taylor
[1981]) can return rapidly and efficiently to the surface, where it exits at still high
temperatures from black-smoker chimneys and fissures. The penetration of water into hot
rock can result in the substantial extraction of heat since thermal contraction provides an
efficient mode of tapping the thermal energy from the rock by producing a rapidly
advancing crack front [Lister, 1977, 1983]. This scenario is essential for the formation of
high-temperature vent fields, for at slower upflow rates (such as through a randomly-
cracked crust), mineral precipitation and clogging of the discharge zone results in lower
temperature alteration [Sleep, 1983]. The low-temperature hydrothermal activity observed
on the eastern wall [Rona et al., 1976] would also be consistent with this scenario since in
general the discharge zones (faults) on the wall are located farther from the inner floor heat
source.

The occurrence of earthquake activity, albeit only two events, at depths > 5 km
within ~3 km of the mapped vent field suggests that faults could extend to these levels and
thus allow water to penetrate to depths consistent with those inferred from the 8180 values
of gabbros in the Samail ophiolite [Gregory and Taylor, 1981]. Such a setting for
hydrothermal activity, in which the major conduits for water flow are along faults, would
account for the low values of magnetization associated with the crust beneath the eastern
wall and hydrothermal field (either through the alteration of magnetic minerals upon contact
with the hot water or by raising the temperature of the source volume above the Curie point
[150-200 °C, Irving, 1970; Johnson and Atwater, 1977] for remanent magnetization)
observed by other authors [Rona, 1980; McGregor et al., 1977; Tivey et al., 1989a, b).
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The 26°N Spreading Cell

The variation in focal depth along the axis and the reasonable inference of a heat
source beneath the along-axis high suggests that the ridge segment at 26°N may, to a first
approximation, fit the spreading cell model first proposed to describe along-axis variations
in accretionary processes by Francheteau and Ballard [1983]. This model attempted to
explain topographic, volcanic, tectonic, and hydrothermal variations in ridge crest
processes relative to distances from major ridge-axis discontinuities (in the original case,
transform faults). Based on observations along the East Pacific Rise, Galapagos Spreading
Center, and Mid-Atlantic Ridge, the authors proposed that the most likely site for the
presence of an axial magma chamber and the profuse effusion of fluid lavas with a
minimum of surficial fissures, is at the along-axis topographic high. This high would be
found at some distance from the cooling effects of transform faults and other
discontinuities. Where the magma chamber is best developed, isostatic uplift by the
bouyant magma is the greatest, and the crustal lid is expected to be the thinnest, thus
resulting in the greater likelihood that water could tap into the heat from the magma
chamber to form high-temperature, black-smoker vent fields.

The immense increase in geophysical surveys, principally the collection of high-
resolution Sea Beam bathymetry, of the Earth's mid-ocean ridge system over the last 10
years has resulted in the recognition of shorter-wavelength spatial and temporal variations
in the volcanic and tectonic morphologies along the ridge axis [e.g., Macdonald et al.,
1984, 1988; Schouten et al., 1985; Langmuir et al., 1986; Kong et al., 1988; Kuo and
Forsyth, 1988]. Along the slowly-spreading Mid-Atlantic Ridge, a number of recent
investigations have documented an en echelon segmentation of the ridge into individual
spreading cells up to 90 km in length from regional geophysical (seismic, magnetic,
gravity) and morphological (Sea MARC I, Sea Beam) surveys of extended lengths of ridge
(100 - 1000 km) [Purdy and Detrick, 1986; Brown and Karson, 1988; Kong et al., 1988;
Kuo and Forsyth, 1988; Schulz et al., 1988; Lin et al., 1990; Sempere et al, 1989]. These
detailed studies have led to only modest changes to the model proposed by Francheteau and
Ballard [1983].

In the current version of the spreading cell model for slow spreading ridges, the
most likely locale in which to find elevated crustal and/or mantle temperatures is at locally
high regions of the inner floor. While thermal considerations appear to preclude the steady-
state existence of magma chambers at slow spreading rates [Sleep, 1975], several seismic
studies have found anomalous velocities, possibly related to recent intrusive episodes,
beneath the along-axis high region of the median valley inner floor [Whitmarsh, 1975;
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Fowler, 1976, Purdy and Detrick, 1986; Chapter 4]. Gravity studies suggest that mantie
preferentially upwells in discrete plumes centered within each spreading cell (or that crustal
thickness decreases significantly from sites of gravity anomaly minima toward the ridge-
axis discontinuties) [Kuo and Forsyth, 1988; Lin et al., 1990).

We suggest additionally that the microearthquake evidence, especially when
integrated with the available geological and geophysical data for 26°N, provide an
exceptionally detailed documentation of along-axis variations in the accretionary processes
within a distinct spreading cell along a slow spreading, mid-ocean ridge. With the caveat
that microearthquake focal depths observed over short ime intervals give only an
instantaneous view of the state of stress, we speculate that the along-axis variation in the
maximum depth extent of microcarthquake activity is mapping a brittle/ductile transition
zone, and that its shallowest point occurs at the along-axis inner floor high. The presence
of an active high-temperature hydrothermal field, beneath which the crust appears aseismic,
the finding of lower seismic velocities (Chapter 4), and requirement of a heat source to
effectively erase the normally-polarized crustal magnetization beneath the vent field, are
consistent with the hypothesis that the along-axis high, situated approximately midway
between two ridge-axis discontinuties [Sempere et al., 1989], represents the most likely
site for recent volcanism along this spreading segment. In addition, higher b-values, which
are often correlated with active volcanic environments [e.g., Minakami, 1960; Brandsdottir
and Einarsson, 1978], were obtained for earthquakes in this region. Away from the high,
to the south, earthquake focal depths increase to depths extending to the base of the crust.
We contend, by analogy with the volcanically-quiescent ridge segment centered at 22°45'N
[Toomey et al., 1988], that this region is characterized primarily by crustal extension
devoid of significant magmatic activity.

CONCLUSIONS

Over a period of 23 days, over 500 events were recorded by a 20 x 10 km network
of OBHs and OBSs in the median valley of the Mid-Atlantic Ridge at 26°N. Hypocenters
were determined for 189 earthquakes of that set (for an average of 8.5 earthquakes/day);
good resolution of focal depth was obtained for 105 of these events. The high seismicity
level translates to 0.2 events/km? for a 30 x 20 km area centered about the ridge axis.
Almost all events occurred at depths between 3 and 7 km beneath the seafloor (average of
4.7 £ 1.1km). Seismic moments ranged from 1017 to 1022 dyn cm with 75% of the
events between 2 x 1018 and 6 x 1019 dyn cm. Source radii, stress drops, and fault
displacements for well-constrained events used in the construction of focal mechansims



91

ranged from 0.1 - 0.3 km, 0.1 - 5 bars, and 0.02 - 0.4 mm, respectively; inner floor events
beneath the along-axis high and the western inner floor and wall tended to have smaller
moments, stress drops (< 2 bar), and displacements (< 0.2 mm) than events beneath the
volcano, along-axis deep, and eastern wall. A b-value for seismic moment of 1.0 was
found for all earthquakes near the network. From the determination of hypocenters and
source parameters for major groups of earthquakes beneath the median valley and adjacent
walls, we can identify several primary characteristics of the observed microearthquake

activity at 26°N:

(1) None of the locatable microearthquakes occurred beneath the high-temperature,
hydrothermal field at 26°08'N, 44°49'W. The closest events were 3 - 3.5 km
away at depths greater than 5 km below the seafloor.

(2) Within the inner floor, events located beneath the along-axis high region
occurred at shallower focal depths (18 of 21 earthquakes have depths < 3.5 km)
than those beneath the along-axis deep 15 km to the south (average 5.4 £ 1.0
km with none less than 3.7 km depth). Near the along-axis high, focal
mechanism solutions suggest near-vertical or sub-horizontal faulting along
planes striking parallel to the median valley. In addition, reverse or thrust
faulting is suggested for a swarm of earthquakes (Mo = 3 x 1018 - 3 x 1020 dyn
cm) located in a cluster 5-6 km beneath a 200-m-high volcanic edifice.

(3) Seismicity along the valley walls defines a broad zone of activity trending
parallel to the ridge axis. This zone was widest adjacent to the along-axis high
during our experiment. First motion observations are consistent with normal
faulting along inward-dipping planes trending subparallel to the local trend of

the valley walls.

(4) A higher b-value (1.1 - 1.5) was associated with events beneath the along-axis
high and the adjacent eastern valley walls than for events to the south beneath
the along-axis, inner floor deep (0.6). The high b-values result from the high
level of small earthquake activity characterizing the transition from the inner
floor to the western walls, which was by far the most active region during the

experiment. .
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The distribution of hypocenters and the diversity of fault types associated with
earthquakes beneath the inner floor and walls suggests a spatially variable tectonic state for
the ridge segment at 26°N. In particular high-angle or sub-horizontal faulting beneath the
inner floor high imply that faulting at the ridge axis in this region is fundamentally different
from that which describes earthquake activity a few kilometers off-axis. The variations are
presumably a signature of heterogeneity in the depth region over which brittle failure
occurs, and are a consequence of along-axis changes in the thermal structure and state of
stress. The presence of an active high-temperature hydrothermal field strongly suggests
that thermal stresses may be dominant, especially in the region of the along-axis high.

We suggest that at present the hydrothermal activity and deposition of massive
sulfides is being sustained by heat generated by a recent magmatic intrusion (not a large
molten body). The inference is based on the lack of seismicity beneath the black smoker
field, the shallow focal depths (< 4 km) of inner floor seismicity, higher b-values
associated with the along-axis high events, the presence of a low velocity zone 3 km
beneath the along-axis high region (Chapter 4), the anomalous faulting mechanisms
including reverse faulting associated with an earthquake swarm below the low velocity
region, and severe attenuation of the first-arriving compressional energy for shots whose
ray paths traverse the high below 3 km depth (Chapter 4). The apparent lack of seismicity
of the hydrothermal area is also consistent with the hypothesis that the crust there may be
locally hotter, perhaps due to more recent volcanism, than the neovolcanic zone at the ridge
axis.

We interpret the along-axis variation in the maximum depth extent of
microearthquake activity as mapping the variability in the depth to the brittle/ductile
transition zone. The presence of an active high-temperature hydrothermal field, the lack of
seismic activity beneath the vent field, the finding of a body of low seismic velocity
(Chapter 4), and the requirement of a heat source to reduce the magnetization of the crust
beneath the vent field, are consistent with the hypothesis that the along-axis high is the site
of most recent magmatism along this spreading segment. Away from the high, to the
south, earthquake focal depths increase to depths extending to the base of the crust. From
the similarity in focal depth distribution, b-values, and velocity structure at 23°N with those
observed beneath the deeper portions of the median valley at 26°N, we speculate that the
crust beneath the inner floor deep at 26°N is presently characterized by ongoing extension
and lacks recent sizeable intrusions of magma.

In the context of the high-temperature vent field at 26°N, we suggest that the
formation of the field near the base of the eastern wall is a direct consequence of water
movement along normal faults that characterize microearthquake activity beneath the wall,
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The normal faults provide permeable pathways along which heated water can return rapidly
and efficiently to the surface, where it exits at still high temperatures from black-smoker
chimneys and fissures.
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